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Abstract Free tropospheric aerosols over the high Arctic were observed by lidar for about 4 years from
March 2014 at Ny-Ålesund (78.9°N, 11.9°E). Vertical profiles of aerosol backscattering coefficients at two
wavelengths, 532 and 1,064 nm, and depolarization ratio at one wavelength, 532 nm, are derived from these
observations. The aerosol backscattering coefficient, the particle depolarization ratio, and the color ratio (the
ratio of the backscattering coefficients at the two wavelengths) are roughly proportional to mass
concentration, nonsphericity, and size of the aerosol particles, respectively. The aerosol backscattering
coefficients indicate that monthly averaged concentration of aerosols was largest in the lowest free
troposphere at about 1 km in altitude and was an order of magnitude less at an about 10 km in altitude and
that the concentration of aerosols was highest from late spring to summer and lowest from late summer to
fall. The depolarization ratio was less than a few percent in the troposphere during the four observed
years. The depolarization ratio and the color ratio were greatest from winter to spring and smallest from
summer to fall. The maxima in the monthly averaged nonsphericity and size precede the maxima in the
monthly averaged concentration by a few months, indicating a seasonal change in the morphology or the
characteristics of the aerosol particles. The small particle depolarization ratio of less than a few percent is
consistent with previous findings that Arctic free tropospheric aerosol particles in spring are composed of a
mixture of liquid phase sulfate and soot particles.

1. Introduction

Arctic warming is countered to some degree by aerosols (Breider et al., 2014, 2017; Najafi et al., 2015).
Because more accurate aerosol reproduction in climate models is crucial for reliable simulations of the warm-
ing, observations of Arctic aerosols provide key information for Arctic climate studies. Many observational
studies on Arctic aerosols have been performed, including those on the well-known “Arctic haze” (e.g.,
Quinn et al., 2007; Shaw, 1975, 1995). However, because most of these observational aerosol studies have
been conducted on the ground, the vertical and temporal aerosol structures remain unclear, especially in
the free troposphere over the Arctic.

Various intensive research efforts are being made to understand the impacts of aerosols on atmospheric pro-
cesses. Of these efforts, observations of the spatial distribution and the temporal variation provide the most
basic information concerning aerosols for further studies on their impacts. Monitoring of aerosols is con-
ducted at multiple observational sites at middle and low latitudes (e.g., Dubovik et al., 2000). Lidar systems
provide vertical profiles of aerosols and their temporal variations at several stations primarily in the midlati-
tudes (e.g., Pappalardo et al., 2014; Shimizu et al., 2016). Even though substantial amounts of observations are
executed at these latitudes, long-term lidar observations for periods of several years in the high Arctic
(>70°N) are very limited and nearly all lidar observations there have been made as campaign bases (e.g.,
Nott & Duck, 2011).

Space-borne instruments, such as the Cloud-Aerosol Lidar with Orthogonal Polarization (CALIOP) onboard
the Cloud-Aerosol Lidar and Infrared Pathfinder Satellite Observation (CALIPSO) satellite or the
Stratospheric Gas Experiment (SAGE), provide observations of the global distribution of aerosols, including
in the Arctic region, and their temporal variations. Observations of the Arctic region from space, however,
are significantly affected by its unique condition of having very different background solar radiation levels
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between the polar night in winter and the midnight Sun in summer, that is, in the seasons without sunrise or
sunset. The detection sensitivity of CALIOP in the troposphere is several tens of percent higher at night than
during the day (Winker et al., 2009). Observations by SAGE in the high Arctic region are not possible in
seasons without a sunrise or a sunset.

Monitoring of Arctic aerosols from the ground is performed at several coastal sites surrounding the Arctic
Ocean. Arctic aerosols have maximum concentrations in the spring at ground level and are referred to as
Arctic haze (e.g., Quinn et al., 2007).

Herber et al. (2002) presented the aerosol optical depth (AOD) over Ny-Ålesund since 1991 using a photo-
meter. They recorded data regardless of the season using not only the Sun but also the Moon and stars
during periods when the Sun did not rise. Their results indicated that the AOD has maximum values in
April and May. The higher concentration of aerosol particles at the lowest altitudes in the boundary layer is
likely the primarily contributor to the AOD observed at the ground.

Treffeisen et al. (2006) used approximately 20 years of SAGE II and III data to calculate the seasonal variation in
the aerosol characteristics in the upper troposphere. Their results indicate that the extinction of aerosols at
altitudes higher than 6 km is maximized in May and June.

Di Pierro et al. (2013) used Level 2 CALIOP data to examine the spatial distribution and seasonal variation in the
Arctic tropospheric aerosols. Their data analysis, which took into account the difference in the sensitivity between
the day and night observations, demonstrated that the extinction of aerosols is maximum in December and
January at altitudes lower than 2 km and in April and May at free tropospheric altitudes over the Arctic.

Therefore, there is a difference of a few months in the seasonal variation in the extinction in the free tropo-
sphere between measurements by SAGE and CALIOP from space. At the altitude of the boundary layer, the
difference between the seasons is considerable for the maximum extinction values measured in spring
(March, April, and May) by ground-based observations and in winter (December and January) by CALIOP.
As a result, there are nonnegligible differences in the observed seasonal variations in the extinction, or
density, of aerosols over the high Arctic in results obtained using different observational methods.

There have been attempts to apply lidar to observe tropospheric aerosols in the high Arctic (e.g., Ishii et al.,
1999; Ishii et al., 2001; Leaitch et al., 1986; Ritter et al., 2016). However, most attempts have been limited to
certain periods of time during the year. Therefore, seasonal variations in the aerosols have not been
described well by these observations.

We installed an Nd:YAG laser-based Mie depolarization lidar system in Ny-Ålesund in March 2014 and
performed nonstop observations for approximately 4 years. The backscattering coefficient of the aerosols
at 532 and 1064 nm and the particle depolarization ratio at 532 nm were obtained using the lidar system.
The lidar system observed all atmospheric particles or molecules, aerosols, clouds, and precipitation. In this
study, however, only the results for conditions without clouds or precipitation, that is, only the aerosol results,
are presented. Because the data under this condition can be calibrated using conventional normalization
methods (e.g., Russell et al., 1979) at the lowest stratospheric altitudes, the results can be used to obtain
the seasonal variations in the aerosols in the troposphere.

In sections 2 and 3, the technical aspects of the lidar observations and data analysis method are described,
respectively. In section 4, the results of the observations and the seasonal variations in the observed para-
meters are presented. In sections 5 and 6, the discussion and the summary and conclusions are presented,
respectively. In Appendices A, B, and C, the cloud removal procedure and the depolarization ratio analysis
are described.

2. Lidar System and Observations

A lidar system was installed to observe Arctic tropospheric aerosols and clouds at the Arctic station of the
Japanese National Institute of Polar Research in Ny-Ålesund, Svalbard, in March 2014. Ny-Ålesund is a town
that is maintained for scientific research purposes in the Arctic. The same station has been used for observa-
tions of polar stratospheric clouds primarily in the 1990s (Shibata et al., 1999).

The lidar system detects backscattering signals at the fundamental wavelength, 1,064 nm, and two
polarization signal components at the second harmonic generation wavelength of the laser, 532 nm. The
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characteristics of the lidar system are summarized in Table 1. The signal at
532 nm is separated into parallel and perpendicular components of the
polarization with respect to the polarization plane of the linearly polarized
laser pulse using a cubic polarization prism. The signal of the parallel com-
ponent is further separated into a weaker signal (1%) for altitudes lower
than 7.5 km and a stronger signal (99%) for altitudes higher than 7.5 km
using an antireflection coated glass window to increase the dynamic range
of the parallel component of the signal. All the signals at 532 nm, the two
with parallel polarization and the one with perpendicular polarization, are
detected using photomultiplier tubes (PMT; HAMAMATSU, H956-08). The
signal at 1,064 nm is detected via an Si-avalanche photodiode module
(APD; Licel, APD-3.0). The electrical signals from these detectors are
sampled via 12-bit transient recorders (Licel, TR20-160). The signals from
the PMT are also simultaneously sampled in photon-counting mode using
the multichannel scaler function of these transient recorders.

The lidar system is installed in a 20-foot shipping container modified for
the lidar system. The lidar is pointed 4° off the zenith. This angle is set to
detect horizontally oriented ice cloud particles (Platt et al., 1978). The
observations are made through a 30° slanted antireflection coated glass

window located at the top of the container. Inside condensation by dew and outside cover by snow or ice
on the window are prevented by maintaining a flow of air to the window in the heated room inside the
container. The repetition rate of the laser pulse is 10 pulses per second. The data for 600 laser pulses, or
1 min, are accumulated via transient recorders with 15-m vertical resolution and stored in a PC. The lidar
system can be remotely controlled via the Internet.

3. Lidar Data

The signal components of the lidar, Pλ, ∥ or⊥(r),a distance r from the lidar system are expressed as

Pλ;∥or⊥ rð Þ ¼ Kλ;∥or⊥
βMλ;∥or⊥ rð Þ þ βRλ;∥or⊥ rð Þ

r2
exp �2∫r0 σλM rð Þ þ σλR rð Þ þ σλO3 rð Þð Þdr� �

; (1)

where the subscripts λ, ⊥, and ∥ indicate the wavelength and the perpendicular and parallel polarization
components of the signal, respectively. The polarization components are only available at the wavelength
of 532 nm, as described in the previous section. K is the constant for each component, β is the backscattering
coefficient, σ is the extinction or absorption coefficient, and the subscripts M, R, and O3 indicate Mie scatter-
ing, Rayleigh scattering, and absorption by ozone, respectively. These subscripts are also used in subsequent
equations. We derived vertical profiles from equation (1) using the relation r cos θ = z � z0, where θ is the
pointing angle of the lidar from the zenith (4° in our system), z is the altitude above sea level at a distance
r, and z0 is the altitude of the lidar system above sea level.

The lidar data that are longer than 10 min in 1 day under conditions without clouds are averaged. The cloud
removal procedure is summarized in Appendix A. The length of time covered by the average data varies from
10 min to several hours depending on the length of the interval without clouds or precipitation. We obtained
one averaged cloud-free profile per day. There were 511 days (or profiles) with such cloud-free periods during
the four years of lidar observations. These days with cloud-free time intervals were nearly uniformly distrib-
uted in each month of the four years. Table 2 shows the number of days (profiles) per month for the four
years. The cloud-free profiles may introduce a bias in the results if the vertical profiles of the aerosols have
cloud dependence. However, Di Pierro et al. (2013) indicated that the difference in the extinction of aerosols
under cloudy conditions observed by CALIPSO is less than 10%; therefore, the bias was assumed to
be negligible.

Figure 1a shows an example of a 1-day plot of the Rayleigh-backscattering-coefficient-subtracted normalized
range-corrected signal, or the Rayleigh-backscattering-coefficient-subtracted attenuated-backscattering
coefficient without correction for attenuation, at the wavelength of 1,064 nm on May 20, 2014. To calculate
the normalized attenuated-backscattering coefficient in Figure 1a, the normalization constant obtained for

Table 1
Characteristics of the Lidar System

Transmitter

Laser: Nd:YAG laser with second harmonic
generation (ULTRA, BigSky)

Output: 0.3 W (30 mJ/pulse, 10 pulses/s),
0.1 W at 1,064 nm, 0.2 W at 532 nm

Beam divergence: 0.1 mrad
Receiver
Telescope: ϕ20 cm, f/10, (Meade LX200)
Field of view: 0.5 mrad
Interference filter: 0.3 nm FWHM (Barr)
Detector: PMT for 532 nm (HAMATSU H956–08)

APD for 1064 nm (Licel APD-3.0)
Transient recorder: 12-bit, 20 MHz (Licel TR20–160)
Range resolution: 15 m
Temporal resolution: 1 min
Observed parameters: Backscattering coefficients at 532

and 1,064 nm
Depolarization ratio at 532 nm
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the profiles taken in the clear time period (Figure 1b) was used for all the
1-min profiles on this day. The Rayleigh-backscattering coefficient is
calculated from the sounding data taken over Ny-Ålesund on the same
day. Because the overlap between the laser beam and the field of view
of the receiver is insufficient from the ground to an altitude of 600 m
(2 km from June to September in 2014), the plotted values are smaller than
the actual value in this lowest altitude range. There is a signal from clouds
from 0 UT to 11 UT at altitudes from 1 to 3 km and from 14 UT to 24 UT at
altitudes from 1 to 6 km. The signal is nearly completely attenuated above
the clouds on this day. There is also a signal from thin clouds within the
clear time interval from 11 UT to 14 UT for short periods near 12:40 UT
and 14:40 UT at altitudes of 1 and 2 km, respectively.

We frequently observed oscillations of the signal in the height direction at
1,064 nm above the clouds, as shown in Figure 1a. This is caused by the
APD detector module used by the system and is an artificial oscillation
following the strong signal from the clouds. The oscillation is sometimes

observed under the no-cloud condition as well. Because the oscillation has a regular waveform with a fixed
wavelength and phase, we digitally removed this oscillation from the signal.

3.1. Backscattering Coefficient of the Aerosols

Figure 1b shows the range- and attenuation-corrected (see below) profile of the signal at 1,064 nm
(red) and the total component (parallel plus perpendicular) signal at 532 nm (green) averaged in the
clear time interval from 13:48 UT to 14:00 UT on May 20, 2014. In Figure 1b, the Rayleigh-backscattering
coefficients at 532 nm (solid black) and 1,064 nm (dotted black) calculated from the sounding data at
12 UT on this day over Ny-Ålesund by the Alfred Wegener Institute are also included. The profiles are
normalized to the lower stratosphere (see below). The profile of the range-corrected and sensitivity-
adjusted (see section 3.2) perpendicular polarization signal component (blue) is also shown in
Figure 1b. We used the range between 12 and 15 km for the normalization of the signal at 532 nm with
the Rayleigh-backscattering coefficient calculated from the sounding data. The backscatter ratio, Rλ, at
an altitude z and a wavelength λ is defined as

Rλ zð Þ ¼ βMλ zð Þ þ βRλ zð Þ
βRλ zð Þ ; (2)

where β (=β∥ + β⊥) is the total backscattering coefficient of the two polarization components. To normal-
ize the data at 532 nm, the average R532 at altitudes between 12 and 15 km, R0, was assumed to be 1.10,
which is the average value from a stratospheric aerosol analysis using the same lidar system. This value is
consistent with typical lower stratospheric values without volcanic disturbances over Tsukuba, Japan
(Sakai et al., 2016).

Even though a fixed value of 1.10 was used as the value of R0 in this study, the stratospheric aerosol analysis
found that the values of R0 presented a slight seasonal variation; values were a few percent lower in summer
and higher in winter than the fixed value of 1.10. The few percent negative or positive variations in R0 caused
several percent negative or positive variations in βM532, respectively. The appearance of polar stratospheric
clouds at altitudes between 12 and 15 km during January and February in 2016 led to averaged values of
R0 of approximately 1.2 in these months. Assuming a fixed R0 (1.10), therefore, introduced a 20% underesti-
mation in βM532 during these two months. However, these variations in R0 from the fixed value do not affect
the conclusions of this study.

The backscattering coefficient was calculated using the Fernald method to correct for attenuation (Fernald,
1984) by assuming an extinction-to-backscatter ratio (a lidar ratio), σMλ/βMλ,of 40 sr at both 532 and
1,064 nm. These ratios are approximate averages of the values used in the CALIOP data retrieval (Cattrall et al.,
2005; Omar et al., 2005) and take into account the results of ground-based Raman lidar observations over
Ny-Ålesund (Ritter et al., 2016). The several tens of percent decrease in the assumed lidar ratio resulted in

Table 2
Number of Days (Profiles) in Each Month of the Four Years and the Total
Number of Profiles per Month Used for the Analysis in This Paper

Month/year 2014 2015 2016 2017 Total

January 9 12 14 35
February 11 15 12 38
March 8 4 15 14 41
April 21 11 16 19 67
May 14 10 9 18 51
June 9 10 7 11 37
July 5 16 12 14 47
August 9 12 13 11 45
September 6 7 8 8 29
October 11 9 7 8 35
November 12 8 11 13 44
December 13 13 13 3 42
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an increase in βM532 in the lower and upper free troposphere by several
percent and less than 1%, respectively. The uncertainty in the lidar ratio
does not affect the conclusions of this study.

The color ratio, γ, is defined by the ratio of the particle backscattering coef-
ficient at 1,064 nm to that at 532 nm:

γ zð Þ ¼ βM 1064 zð Þ
βM 532 zð Þ : (3)

The color ratio γ is roughly proportional to the size of the particles (Shibata
& Yang, 2010). We assumed that the color ratio of the aerosols at altitudes
between 10.5 and 12 km is 0.5 (Shibata et al., 2012). With this assumption,
we can calculate the averaged R1064 from R532 in this altitude range; that
is, we can normalize the data at 1,064 nm.

3.2. Depolarization Ratio

In this paper, the volume depolarization ratio, δV, at an altitude z is
defined as

δV zð Þ ¼ βM⊥ zð Þ þ βR⊥ zð Þ
βM∥ zð Þ þ βR∥ zð Þ þ βM⊥ zð Þ þ βR⊥ zð Þ : (4)

Because the depolarization ratio is obtained only at the wavelength
532 nm, the subscript indicating the wavelength (532) is omitted in this
subsection. The volume depolarization ratio, δV(z), includes depolarization
due to both atmospheric molecules and aerosol particles.

The particle depolarization ratio, δP, including only depolarization by aero-
sol particles, is a parameter describing the sphericity of the particles and is
defined as

δP zð Þ ¼ βM⊥ zð Þ
βM∥ zð Þ þ βM⊥ zð Þ : (5)

In Mie scattering theory, δP is exactly zero if the particles are perfect
spheres or composed of liquid in the atmosphere. A larger value of δP indi-
cates a higher nonsphericity of the particles (e.g., Shibata & Yang, 2010).

The volume depolarization ratio can be estimated from the observed signal components of equation (1) as

δ
0
V zð Þ ¼ gP⊥ zð Þ

P∥ zð Þ þ gP⊥ zð Þ ; (6)

where g is a factor used to adjust for the differences in the sensitivities of detecting the perpendicular and
parallel polarization signal components. The factor g is estimated experimentally, as described in Appendix B.

For an ideal polarization lidar system without cross talk between the two components and without a vertical

polarization component of the laser pulse, if we know the accurate g value without error, the estimated δ
0
V in

equation (6) from the observations is exactly equal to the definition of δV in equation (4). However, δ
0
V in an

actual system needs to be corrected for the nonideal components of the lidar system. In Appendix C, the

method to estimate δV from δ
0
V and R(z) is described. Using this estimated δV, δP is obtained as

δP zð Þ ¼ δV zð Þ � δamR zð Þ�1

1� R zð Þ�1 ; (7)

where δam is the depolarization ratio of the atmospheric molecules (Adachi et al., 2001).

Figure 1. (a) Plot of the Rayleigh-backscattering coefficient-subtracted atte-
nuated-backscattering coefficient for 1 day observed on 20 May 2014. (b)
The range- and attenuation-corrected profiles of the signal at 1,064 nm (red),
the total component signal at 532 nm (green), and the sensitivity-adjusted
perpendicular polarization signal component (blue) observed between 13:48
UT and 14:00 UT on 20 May 2014. The Rayleigh-backscattering coefficient at
532 nm (black) and 1,064 nm (dotted black) calculated from the sounding
data observed over Ny-Ålesund near 12 UT on the same day.
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4. Results

Figure 2a shows the averaged βM532 for each month of the four observed

years, βM532 , from March 2014 to December 2017. We can see that βM532

decreased with altitude; βM532 was near 0.5–1/Mm·sr at an altitude lower
than approximately 1 km and 0.1–0.2/Mm·sr at an altitude of approxi-

mately 10 km. The decrease in βM532 with altitude was approximately an
order of magnitude through the troposphere. At an altitude higher than

2 km, we can see a clear cyclic seasonal variation in βM532 showing
increases in the first half of the year, with the largest values from May to
July, and decreases in August or September, with the smallest values
occurring in the following months. At altitudes lower than 2 km, even
though the seasonal variation was not as clear as at higher altitudes,

βM532 had larger values in the spring and other larger values were found
in fall and winter.

Figure 2b shows the averaged δP for each month of the four years, δP .

δP was smaller than a few percent prior to July 2017. The largest

values of δP , a few percent, occurred during winter and spring at alti-
tudes from 5 to 8 km; the smallest value, at nearly 0%, occurred in the

summer at altitudes lower than 4 km. δP has smaller values at alti-

tudes lower than 4 km, where δP was smaller than 1% in the summer

and fall. δP was larger at higher altitudes but was smaller than 1% at

an altitude near 5 km in the summer. Larger values of δP of approxi-
mately 5% were observed from January to March at altitudes from 5
to 8 km. Smaller values of less than 2% percent were observed in

summer and fall in the same altitude range. The large values of δP
(red color) after September 2017 at altitudes higher than 5 km were
caused by aerosols from intense wildfire events in British Colombia,
Canada, in August 2017 (EGU General Assembly, 8–13 April 2018,
Vienna, Austria, session: “Unprecedented Wildfires and Smoke Plumes
—2017 and Beyond”).

We can see in Figures 2a and 2b that δP near an altitude of 4 km had

its largest values when βM532 was increasing. In Figure 3, the temporal

variations in the altitude-interval-averaged βM532 and δP , IA(βM532) and

IA( δP ), respectively, in three altitude intervals are depicted. Figure 3a
shows the averaged altitude interval of 0.6–2 km, Figure 3b shows
the interval of 2–4 km, and Figure 3c shows the interval of 4–8 km.

The bold solid and broken lines indicate IA(βM532 ) and IA( δP ), respec-
tively, and the thin solid and broken lines and the shading between them indicate the range of one

standard deviation. We can see the difference in the timing of the temporal variations for IA(βM532 )

and IA(δP ). For the altitude intervals in Figures 3b and 3c, the change in IA( δP ) takes place a few

months prior to the change in IA(βM532) in 2014, 2015, and 2016. However, this offset is not as obvious
in 2017. This is partly due to the influence of the intense wild fires in British Colombia, Canada, during
that year.

Figure 4a shows the averaged βM1064 for each month of the four years, βM1064 . The values of βM1064 are

smaller than those of βM532 (Figure 2a) following the wavelength dependence of aerosol backscattering.

The characteristics of the relative vertical and temporal variations of βM1064 are similar to the variations in

βM532 : βM1064 also decreased with altitude and was 0.2–0.5/Mm·sr at altitudes lower than approximately
1 km and 0.01–0.07/Mm·sr at an altitude of 10 km. At altitudes higher than 2 km, there are clear cyclical

seasonal variations in βM1064 ; at altitudes lower than 2 km, βM1064 had larger values in the spring, fall, and
winter than in the summer.

Figure 2. (a) Averaged backscattering coefficient at 532 nm (/Mm·sr) for
each month of the four years, βM532 , and (b) averaged particle depolariza-
tion ratio at 532 nm (%) for eachmonth of the four years,δP , fromMarch 2014
to December 2017.
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Figure 4b shows the averaged γ for each month of the four years, γ ;
obtained from the backscattering coefficient at the two wavelengths. In
the calculation of γ , γ for each profile was calculated first and then the
values in a month were averaged from the calculated γ values. In
Figure 4b, γ had smaller values at altitudes from 1 to 5 km and larger
values at altitudes lower than 1 km and higher than 5 km. Even though

the seasonal cyclic variation is not as clear as in βM532 or δP , γ has smaller
values in the summer near altitudes from 2 to 4 km.

Figure 5 depicts the relative standard deviation (RSD) of (a) βM532, (b) δP,
and (c) γ, whose monthly averages are shown in Figures 2 and 4b.
Because the detector for the weaker signal intensity is used at altitudes
lower than 7.5 km, the RSDs of all three parameters have vertical wavy
structures at altitudes between 5 and 7.5 km and are larger than the
RSDs at altitudes higher than 7.5 km in some seasons of years when
the signal with the stronger intensity was used, as mentioned in
section 2. The RSD of βM532 (Figure 5a) is approximately 20–40% at most
altitudes but is as large as 50–80% at altitudes near 6–7 km. Even though
this tendency is similar for γ, the RSD of γ (Figure 5c) is larger than 100%
in some months near altitudes of 6–7 km. The RSD of δP (Figure 5b) is
much larger than the RSDs of βM532 and γ. This is partly due to the
method used to derive δP from δV using R, as described in section 3.2.
The values of δP that are estimated at smaller R expand the error in δV.
The RSD of δP in Figure 5b ranges from 40% to 100% at altitudes between
2 and 6 km; when δP has its maximum values in Figure 2b, the RSD is as
large as 500% at altitudes higher than 8 km and when δP has its mini-
mum values in Figure 2b.

5. Discussion

Figure 6a shows the averaged βM532 for the same months throughout the

four years of the observations, βM532. The temporal variation in the height

of βM532 with, for example, a value of 0.15/Mm·sr, the border between
light blue and green, showed a highest altitude at approximately 8 and
10 km in May and August, respectively. The SAGE-observed extinctions
at these altitudes in the same months are approximately 6 and 3/Mm,
respectively, as shown in Figure 11 in Treffeisen et al. (2006). If we use

our assumed extinction-to-backscatter ratio, 40 sr, to convert this βM532 ,
0.15/Mm·sr, the converted extinction is 6.0/Mm. Even though there are
differences in the years of the observations, the difference is within a fac-
tor of two in August and the values show good agreement in May. If we
focus on the variation in the altitude of the 3/Mm extinction, the SAGE
observations show an earlier decrease in altitude in June or July than
our ground-based lidar, which shows a decrease in September. The differ-
ence in the month of the decrease could be caused by the difference in
the observed years (Figure 2a). In addition, the latitudes of the SAGE
observations could also cause this difference. The SAGE observations
are limited to latitudes where there are sunrises and sunsets; therefore,
observations in midsummer and midwinter are only possible in the lower
Arctic regions.

We can see in Figure 6a that the highest concentration of aerosols was
from May to August in the free troposphere at altitudes higher than
5 km. These months were very different from the results of the CALIOP-

Figure 3. The temporal variation in the altitude-interval-averaged βM532 and
δP in three averaged altitude intervals: (a) 0.6–2 km, (b) 2–4 km, and (c) 4–
8 km. The bold (broken) line is the altitude-interval-averaged βM532 ( δP), and
the thin (broken) lines show the range of one standard deviation.
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observed aerosols. As mentioned in the introduction, Di Pierro et al.
(2013) showed that the extinction of aerosols is maximum in April and
May at free tropospheric altitudes over the high and low Arctic, respec-
tively. We need to be careful because there are large differences between
the sensitivities of CALIOP and our ground-based lidar. The detection limit
of CALIOP in the upper troposphere is approximately 1.0/Mm·sr (Winker
et al., 2009). Conversely, the detection limit of our ground-based lidar
is approximately 0.01/Mm·sr. Therefore, CALIOP is observing high-
concentration aerosol events, whereas the ground-based lidar is obser-
ving a more complete representation of the atmospheric aerosols. The
difference in detection sensitivity between these two methods could
result in a difference in the type of observed aerosols, such as biomass
burning or dust aerosols with the events of high concentrations or
background aerosols with lower concentrations. This is likely one of the
reasons for the difference in the months with the highest concentration
of aerosols.

The detection limit of the SAGE observations is less than approximately
0.5/Mm. Because the detection limit of the ground-based lidar multiplied
by the lidar ratio is 0.4/Mm, the detection limit of SAGE and the detection
limit of the ground-based lidar are nearly the same. Therefore, the better
agreement between the observations by SAGE and the ground-based lidar
may be due to their comparable detection limits.

Figure 7 shows the AOD calculated from the monthly averaged vertically

integrated βM532 at altitudes from 0.6 to 12 km multiplied by the lidar
ratio. The upper and lower limits of the AOD were taken roughly from
Figure 7 in Herber et al. (2002) as observed via a photometer. The
AOD observed via lidar with a lidar ratio of 40 sr (solid line) was within
the upper and lower limits from January to June but was larger than
the upper limits from July to December. Assuming that βM532 in the
unobserved altitude range lower than 0.6 km has the same value as that
at 0.6 km, the AOD of this range was estimated to be from 0.01 to 0.02.
Therefore, the AOD observed via lidar from the ground was larger than
the plotted values by approximately these amounts. Even though the
reason for this discrepancy is uncertain, larger AOD values obtained from
βM532 may be caused by a suboptimal assumed lidar ratio. For example,
assuming 25 sr as the lidar ratio led to an AOD within the range of the
photometer observations (the thin solid line in Figure 7). However, it is
not known whether the lidar AOD was larger than the photometer-
observed upper limit or if a smaller lidar ratio and/or a smaller R0 should
have been assumed.

The secondary maxima in July for βM532 and in July 2015 for βM532, seen
in Figures 6a and 2a, respectively, may have been caused by the
reported smoke events in Ny-Ålesund from biomass burning during that
month (Lisok et al., 2018). The data from 10 and 11 July, when the
smoke concentration was the highest, were not included when calculat-

ing βM532 or βM532 due to the poor signal-to-noise ratio at an altitude of
12–15 km caused by the high extinction of the laser light through the
smoke clouds. Therefore, the highest values of βM532 caused by smoke
were not included in the average values. Small increases in the aerosols

caused by biomass burning in the summer could have increased βM532

or βM532 ; however, identifying the source of this increase could
be difficult.

Figure 4. (a) Averaged backscattering coefficient at 1,064 nm (/Mm·sr) for
each month of the four years, βM1064 , and (b) averaged color ratio for each
month of the four years, γ , from March 2014 to December 2017.
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There is a difference in the seasonal variations of βM532 and δP , as shown in Figures 2 and 3. Figure 6b shows

the averaged δP at 532 nm for the same months throughout the four years of the observations, δP . δP showed

larger values at altitudes between 2 and 8 km from January to May when βM532 was increasing (Figures 6a
and 6b), as described in section 4.

The δP and δP values reached a maximum value of several percent and were less than 3% at most alti-

tudes until the end of 2017. The values of δP and δP were nearly zero below an altitude of 4 km,

Figure 5. Relative standard deviations (%) of (a) βM532, (b) δP, and (c) γ.
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especially during the summer months; δP had minimum values in July and August (Figure 6b),

corresponding to the largest lidar-observed βM532 values (Figure 6a). Observations in the Arctic
boundary layer have shown active particle formation during the summer (Collins et al., 2017; Freud
et al., 2017; Tunved et al., 2013). At higher altitudes, Scheuer et al. (2003) reported a sharp increase in
the mixing ratio of sulfate ions in free tropospheric fine aerosol particles over the Arctic during March.
Even though their measurements ended in May, the upper tropospheric mixing ratio of the sulfate ions
was highest in May.

Figure 6c shows the averaged γ for the same months throughout the four years of the observations, γ .
The decrease in γ corresponds to a decrease in the particle size (Shibata & Yang, 2010). The variation in

γ is likely in agreement with the results of the color ratio of the extinction observed by SAGE (Figure 8 in

Treffeisen et al., 2006). The variations in δP (Figure 6b) and γ (Figure 6c) show a weak positive correlation

Figure 6. Averaged βM532, δP, and γ for the same months throughout the four years of the observations: (a) βM532 , (b) δP ,
and (c) γ from March 2014 to December 2017.
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in the altitude range between 2 and 10 km, and a correlation between
these two parameters can generally be expected due to the scattering
characteristics of the particles (Shibata & Yang, 2010).

A small percentage of δP could be caused by many types of aerosols, such
as anthropogenic, marine, biomass-burning-produced, or dust (Burton
et al., 2013; Groß et al., 2011, 2013; Illingworth et al., 2015) and their exter-

nal or internal mixtures. δP began increasing in January at altitudes from 2
to 4 km (Figure 3b). Because biomass burning and dust events are not
common in January (e.g., Kurosaki & Mikami, 2003; Macias Fauria &
Johnson, 2008), the particles from such sources likely contributed very lit-

tle to the winter increase in δP .

Hara et al. (2003) used electron microscopy to study the mixing state of
aerosol particles using samples taken over Svalbard via an airplane several
times in March and April 2000. They found that highly acidic, liquid-phase
sulfate (likely sulfuric acid) and soot particles were the major aerosol
particles under background and Arctic haze conditions and that the soot
particles were mostly externally mixed with the sulfate particles. Mineral
dust particles were also observed; however, their frequency was much
smaller. Sea-salt particles were found only in the lower troposphere below

an altitude of 3 km and in deliquesced form. Even though the observations by Hara et al. (2003) were only
performed in the spring, their results are consistent with the lidar-observed low δP and its increase in the
spring. Because the particles composed of sulfate were observed in their liquid form, the δP of these particles
is zero if they are not internally mixed with solid particles. Mishchenko et al. (2017) estimated that the depo-
larization ratio caused by soot particles at a wavelength of 532 nm is approximately 10%. In Figure 5 in Hara
et al. (2003), the relative abundance of soot particles ranged from a few percent to more than 90% and was a
few tens of percent on average. At an abundance of a few tens of percent, the depolarization ratio of all exter-
nally mixed liquid sulfate and soot aerosol particles was a few percent (e.g., Shibata & Yang, 2010). Therefore,
the soot particles could have contributed to the δP increase during the spring.

The soot particles are likely anthropogenic and transported from Europe or Russia, as suggested by Hara et al.
(2003). If the liquid-phase sulfate particles increase in the following summer season via particle formation
without increasing the soot particles due to less active transport from lower latitudes, δP decreases, as was
observed by the lidar observations. Further studies sampling the free troposphere, especially during non-
spring months, are needed to determine the cause of the lidar-observed seasonal variations. Willis et al.
(2018) indicated that the abundance of organic constituents is comparable to sulfate in the lower free
troposphere. Because aerosols including organic species are likely to be in the liquid phase (Marcolli et al.,
2004), the above discussion is also valid when the aerosols include organic species.

The seasonal variations in the δP values could also have been caused by the contamination of insufficiently
rejected cloud components in the data. However, this is unlikely because CALIPSO observed a low seasonality
of cloud occurrences at tropospheric heights over Svalbard (Hagihara & Okamoto, 2003). In addition, even in
the case of subvisible cirrus clouds often observed over the Arctic, their backscattering coefficients are larger
than our cloud selection threshold.

6. Summary and Conclusions

Four years of ground-based Mie depolarization lidar observations of aerosols in the free troposphere at the
high Arctic observational site of Ny-Ålesund (79°N 12°E), Svalbard, were presented. The monthly averaged
vertical distribution of backscattering coefficients indicated that the mass concentration of aerosols was
largest in the lowest free troposphere andwas an order of magnitude smaller in the highest free troposphere;

βM532 was 0.5–1/Mm·sr at altitudes lower than 1 km and 0.1–0.2/Mm·sr at an altitude of 10 km. The clear

seasonal cycle ofβM532 in the free troposphere presented the highest concentrations of aerosols in late spring
and summer and the lowest concentrations in late summer and fall. At altitudes higher than 4 km in the free

troposphere, βM532 reached a maximum from May to July. The monthly mean particle depolarization ratio δP

Figure 7. The aerosol optical depth (AOD), which vertically integrates the
data in Figure 6a and multiplies by the lidar ratio for altitudes between 0.6
and 12 km. The bold (LR40) and thin (LR25) solid lines are the AODs with
assumed lidar ratios of 40 and 25 sr, respectively. The broken and dotted
lines with squares (PMup) and triangles (PMlow) show the roughly estimated
upper and lower limits, respectively, of the photometer-observed AOD in
Figure 7 in Herber et al. (2002).
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remained below a few percent year-round. Furthermore, δP was largest during the winter and spring at alti-
tudes from 5 to 8 km and smallest (nearly 0%) during the summer at altitudes lower than 4 km. The largest

values of δP preceded the largest values of βM532 by a fewmonths, possibly indicating changes in the physical
or chemical characteristics of the aerosol particles during these seasons or the springtime replacement of
slightly depolarizing particles by nondepolarizing smaller-sized particles in the free troposphere in associa-

tion with changes in the seasonal meteorological conditions. The low values of δP were consistent with the
mixing of liquid phase sulfate and soot particles reported by previous studies. The variation in γ appeared

to be correlated with the variation in δP , as expected from scattering theory.

Glossary

βMλ backscattering coefficient of aerosols at wavelength λ
Rλ backscatter ratio at wavelength λ
R0 R532 averaged at altitudes between 12 and 15 km
γ color ratio
δV volume depolarization ratio
g factor to adjust the sensitivity of the two polarization signal components
δ
0
V volume depolarization ratio estimated from the observed signal

δam depolarization ratio of the atmospheric molecules
δp particle depolarization ratio

RSD relative standard deviation

Appendix A: Cloud Removal Procedure

Successive 1-min profiles without cloud signals were selected using the following method taking into
account the study by Liu et al. (2004). (1) Because the backscattering coefficient of clouds is usually
orders of magnitude larger than that of aerosols, from the time-height plots (e.g., Figure 1a), 1-min profiles
were selected without altitude ranges whose Rayleigh-backscattering-coefficient-subtracted attenuated-

backscattering coefficient without correction for attenuation at a wavelength of 1,064 nm, β
0
M1064, was larger

than 1.0 × 10�5/m·sr. (2) Within the profiles selected using condition (1), we further selected the profiles that

did not have an altitude range where β
0
M1064 was larger than 1.0 × 10�6/m·sr and could reach that selected by

condition (1),β
0
M1064> 1.0 × 10�5/m·sr, following the successive ranges of the 1-min profiles whoseβ

0
M1064 was

larger than 1.0 × 10�6/m·sr.

In addition, the altitude of the daily averaged profiles was not included in the monthly mean when δP was
larger than 0.3, the typical value for cirrus clouds (Shibata et al., 2012). However, this condition had very little
impact on the results.

Appendix B: Factor g

The factor g was obtained experimentally using the method of Freudenthaler et al. (2009) as follows. For
the experiments only, we placed an additional polarization filter in front of the polarization prism that
separates the perpendicular and parallel components. By setting the polarization angle of the filter to 45°
with respect to the polarization plane of the laser pulses, we can expect the same intensity of the signal at
the detectors for each polarization component. Therefore, the difference in the measured intensity of the
signal with this setting is caused by the difference in the detection sensitivity. This factor is determined via
g = P∥(with 45° filter)/P⊥(with 45° filter) using the measured signal with the additional polarization filter.
The evaluated value of g for our system is a few percent larger than 1.0.

Appendix C: Estimation of δV From the Observed δ
0
V

Adachi et al. (2001) indicated a method to retrieve δV from the δ
0
V obtained by an actual lidar system and

showed that the relationship between δV and δ
0
V is
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δV ¼ 1þ 2ηð Þδ0
V � η; (A1)

where η is a constant number. Because η and δ
0
V are on the order of 0.01,

we can further approximate equation (A1) as

δV ¼ δ
0
V � η: (A2)

In other words, δ
0
V of an actual lidar system is offset from the defined δV

by η. Adachi et al. proposed a two-dimensional scattering plot of

1� R zð Þ�1; δ
0
V zð Þ

� �
to estimate the value of η. They indicated that the

scattering plots 1� R zð Þ�1; δ
0
V zð Þ

� �
of aerosols with 0% depolarization

of the spherical (liquid) particles plot on a line expressed by

δ
0
V xð Þ ¼ 1� xð Þδam þ η; (A3)

where x = 1 � R(z)�1. If 0% depolarization aerosols are observed by the
actual nonideal lidar system described above, the scattering plot of
1� R zð Þ�1; δ

0
V zð Þ

� �
is on the line connecting (0, δam+ η) and (1, η).

Adachi et al. used observational data to estimate η. Under atmospheric
conditions in which spherical (or liquid with 0% depolarization ratio) aero-
sols exist, if we find a group of points that is nearly on a line whose slope is
–δam, the value of this line at x = 1 gives η and δV is obtained via

equation (A2), that is, by subtracting η from δ
0
V . Figure A1a schematically

shows this relationship between δV and δ
0
V for spherical particles. After

performing this offset correction, δP(z) was obtained from δV(z) and R(z)
as in equation (7) in the text. The atmospheric depolarization ratio δam is
estimated using scattering theory and is 0.0038 for the bandwidth of the
interference filter, 0.3-nm FWHM, used in our lidar system (e.g., Adachi
et al., 2001; Cairo et al., 1999).

In most cases, we were able to determine the altitude range where the

slope of the plotted points of 1� R zð Þ�1; δ
0
V zð Þ

� �
was –δam. This altitude

range is generally lower than 2 km, and we expect deliquesced sea salt particles to be the spherical liquid
particles resulting in δP = 0 in the environment of Svalbard, which is surrounded by the Arctic Sea (Hara et al.,

2003). Figure A1b shows observed plots of δ
0
V and the offset-corrected δV for the case on 20 May 2014. In

Figure A1b, δV (open circle) points are plotted between 0.6 and 5.0 km, whereas δ
0
V (cross) points are

plotted in a smaller altitude range between 0.6 and 2.0 km for ease of viewing. The η values obtained using
this method are mostly between –0.005 and 0.005. After this correction, δP changes a few times with the
opposite sign of η.
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