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Abstract We investigate the evolution of tectonic background stress and elastic as well as inelastic
strain in a crust-upper mantle system around an inﬁnitely long vertical strike-slip fault in a self-consistent
mechanical earthquake cycle model. In the early stage of the stress evolution, deformation of the crust and
the upper mantle is dominated by a uniform simple shear. Shear localization in the lower crust starts when
coseismic rupture extends to the entire brittle upper crust. Together with this transition, the earthquake
recurrence intervals decrease by an order of magnitude due to a basal drag originated from a localized
plastic ﬂow of the lower crust. After the shear zone is fully developed in the lower crust, the fault slip rate
catches up with the far-ﬁeld velocity and earthquakes starts to occur periodically. Such a steady state can be
reached in several hundred thousand years from the beginning, which includes few hundreds of earthquake
cycles. A shear zone with large cumulative strain needs a few million years to develop under an intraplate
strike-slip fault, which is much longer than the time for shear strain rate to be localized. The model
successfully reproduced evolution of tectonic stress around an intraplate strike-slip fault, interacting with
the development of localized shear zone in the lower crust. The model demonstrates the importance of
considering the whole mechanical system in which rheological structure and fault activities interacting with
each other for the better understanding of the intraplate earthquakes.
1. Introduction
It is generally accepted that the upper crust of the Earth deforms in an elastic/brittle manner, while ductile
ﬂows accommodate regional deformation in the lower crust (e.g., Kohlstedt et al., 1995; Sibson, 1982). However, it is still not well understood what role the elastic/brittle and plastic deformation plays and how they
interact with each other in the crustal deformation. Previous studies proposed two end-member models for
the deformation around an interplate strike-slip fault. One is the basal drag model, which postulates the upper
crust passively follows the distributed ﬂow of the stronger plastic lower crust (Bourne et al., 1998). The other is
the viscoelastic coupling model (Savage & Prescott, 1978), which considers the time-dependent deformation
around a strike-slip fault zone as a combined result of far-ﬁeld loading, earthquake rupture on the fault, and
stress relaxation in the viscoelastic substratum under the fault. Both models reproduce the observed deformation pattern around a vertical strike-slip fault strands equally well (Savage et al., 1999), which means that
geodetically observed interseismic deformation alone cannot resolve the problem. On the other hand, geophysical observations such as seismic reﬂection/refraction surveys provide constrain on the deformation in
the lower crust. Again, opinions are divided as some studies show that Mohorovicic (Moho) oﬀsets under a
strike-slip fault (e.g., Henstock et al., 1997; Zhu, 2000), implying that the fault cuts through the entire crust,
while others show that Moho depth vary rather smoothly across the fault zone, indicating that deformation
in the lower crust is broadly distributed (e.g., Weber et al., 2004; Wilson et al., 2004).
Compared to interplate faults, intraplate strike-slip faults are characterized by much slower long-term slip
rates. However, geophysical observations such as the seismic tomography (Nakajima & Hasegawa, 2007;
Nakajima et al., 2010; Wittlinger et al., 1996) and magnetotelluric surveys (Ogawa & Honkura, 2004; Yoshimura
et al., 2009) indicate localized weak structures in the lower crust under the fault, which suggest the existence
of a localized shear zone. It is impossible to directly resolve the ongoing deformation of the lower crust, but
highly sheared rocks such as mylonite found in exhumed fault zones provide direct evidence for localized
lower crustal deformation in the past.
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To understand physical mechanisms of shear zone formation in the lower crust, diﬀerent shear strain concentration mechanism such as shear heating (Leloup et al., 1999; Thatcher & England, 1998) and power law creep
(Takeuchi & Fialko, 2012) were proposed. Various observations indicate shear localization occurs even under
a very low slip rate condition of intraplate faults. Zhang and Sagiya (2017) investigated physical mechanism
of shear zone formation under a slow slip rate condition and concluded that the power law rheology plays
the principal role; however, the formation of shear zone was not modeled in that study. As the stress propagates in the material with nonlinear (power law) rheology (Melosh, 1976), it is important to understand the
evolution of shear stress and strain distribution in the crust.
In the previous studies using rheological laws to simulate the lower crustal deformation under the
San-Andreas Fault (SAF), a thermal mechanical model showed that steady state deformation under an interplate strike-slip fault can be reached in a few million years (e.g., Leloup et al., 1999; Takeuchi & Fialko, 2012;
Thatcher & England, 1998) much shorter than the history of the SAF (Atwater, 1970). In the recent few millions of years, the slip rate of the SAF is stable (DeMets & Dixon, 1999) and it is consistent with the geodetic
estimation (Bourne et al., 1998). Therefore, the time-dependent solution was not considered in these studies.
On the other hand, for intraplate strike-slip fault, geologically estimated slip rates are often slower than the
geodetic estimations (e.g., Herbert et al., 2014; Ohzono et al., 2011). Gourmelen et al. (2011) interpreted this
discrepancy as an evidence for the acceleration of an evolving strike-slip fault. However, the existence of such
fault slip acceleration, and its possible mechanisms are still unclear.
In order to understand the evolution of the shear stress, eﬀective viscosity and deformation around an
inﬁnitely long strike-slip fault with constant tectonic loading in the far ﬁeld on an initially unstressed
crust-mantle system. We construct a two-dimensional self-consistent mechanical model to simulate evolution processes. In this model, we assume the entire system is composed of nonlinear Maxwell material whose
plastic ﬂow follows experimental rheological laws and the occurrence of earthquakes is stress controlled. We
show how structures including the fault in the upper crust and the shear zone in the lower crust and the upper
mantle are developed with the evolution of shear stress and how these processes depend on boundary conditions and rheological properties. We also discuss how shear zone evolution aﬀects the result of geodetic,
geological, and geophysical observations.

2. Model Description
We simulate the deformation of the crust-mantle system by applying a constant velocity to represent far-ﬁeld
loading. We consider the earthquake cycle by solving the stress equilibrium equation for stress changes in the
interseismic and coseismic period in a two-dimensional plane perpendicular to a vertical strike-slip fault trace.
All numerical calculations presented in this study were performed using MATLAB Partial Diﬀerential Equation
Toolbox accelerated by graphics processing unit.
2.1. Model Geometry
We consider the deformation of the crust-mantle system around an inﬁnitely long vertical strike-slip fault,
as shown in Figure 1. We consider a two-dimensional problem so that displacements occur only in the
fault-parallel direction. Considering the symmetry of the vertical strike-slip fault, we consider that only one
side of the fault is bounded by the surface and a vertical plane of bilateral symmetry that represents the
fault plane. The model domain is 65 km thick in the vertical (z) direction and 50 km wide in the fault normal
(x ) direction being composed of 35-km-thick crust and 30-km-thick mantle layers divided by the horizontal
Mohorovicic discontinuity (Moho).
2.2. Temperature Proﬁle
The temperature proﬁle in this study is deﬁned by the thermal model considering the radioactive heat
production in the crust (Sclater et al., 1980)
( ))
⎧ Q z D2 A (
z
⎪ kr + k 0 1 − exp − D
1
T(z) = ⎨ 1
z−h
⎪ T(h) + k2 Qr
⎩

(z ≤ h) ,
(z > h) ,

(1)

where h is the depth of the Moho, and k1 and k2 are the thermal conductivity of the crust and the upper
mantle, which are assumed to be 2.6 W⋅K−1 ⋅ m−1 and 2.5 W⋅K−1 ⋅ m−1 , respectively. Qr is the heat ﬂow at the
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base of the model, D characterizes the degree of upward migration of the
radiogenic elements, and A0 is the heat production at the surface, which is
given by
A0 = (Q0 − Qr )∕D,

(2)

where Q0 is the heat ﬂow on the ground surface, which is assumed to be
65 mW/m2 . By ﬁxing the temperature at the bottom of the model, 1150 ∘ C
in this study, Qr and D can be solved from equations (1) and (2). We do
not consider the eﬀect of shear and frictional heating in this study in both
intraplate and interplate cases. In the case of intraplate strike-slip fault,
only a small amount of heat is generated on intraplate strike-slip, which
has almost no inﬂuence on the intraplate deformation (Zhang & Sagiya,
Figure 1. Model geometry. Moho = Mohorovicic discontinuity.
2017). In the case of an interplate strike-slip fault, a considerable amount
of heat is generated, which has a signiﬁcant eﬀect on the degree of shear
concentration in the lower crust in the timescale of several million years
(e.g., Takeuchi & Fialko, 2012; Thatcher & England, 1998). On the other hand, this study simulates fault evolution for less than ∼1 million years, which is too short for dissipated heat to have a notable inﬂuence on the
deformation of the shear zone under an interplate strike-slip fault. Therefore, the eﬀect of shear and frictional
heating is not considered even in the case of interplate strike-slip fault.
2.3. Rheologies
We assume that the entire crust and the upper mantle is composed of nonlinear Maxwell viscoelastic materials. Shear strain rate of the Maxwell material is represented as a sum of elastic shear strain rate and viscous
shear strain rate due to a plastic ﬂow.
𝜀̇ T = 𝜀̇ v + 𝜀̇ e =

𝜏
1 d𝜏
,
+
𝜂eﬀ
G dt

(3)

where 𝜀̇ T is the total shear strain rate; 𝜀̇ v and 𝜀̇ e are the viscous and elastic shear strain rate, respectively; and G
is the elastic shear modulus, which is assumed to be 30 GPa for the entire model. 𝜂eﬀ is the eﬀective viscosity,
which can be calculated from shear stress (𝜏 ) using the constitutive relation for the plastic ﬂow of rocks as
follows (e.g., Bürgmann & Dresen, 2008):
)
(
Q + pV
,
exp
−
2O
RT

𝜀̇ v = A𝜏 n L−m fHr

(4)

where 𝜏s is the maximum shear stress given by the square root of the second deviatoric stress invariant; L is
the grain size; fH2 O is water fugacity; Q and V are activation energy and activation volume, respectively; R is
the universal gas constant; p is pressure; and A, n, m, r, are material constants. Water fugacity is calculated
with the van der Waals equation (Karato, 2012). The detailed calculation method can be found in Zhang and
Sagiya (2017).
For the rheological model, we assume wet quartz (Rutter & Brodie, 2004) or wet anorthite (Rybacki et al., 2006)
for the crust and wet olivine (Hirth & Kohlstedt, 2013) for the upper mantle (Table 1). The laboratory-derived
parameters of experimental ﬂow laws are summarized in Table 2. Regarding the physical mechanism of plastic
ﬂow, in this study, we only consider dislocation creep since the evolution of the plastic shear zone is mainly
controlled by grain size insensitive dislocation creep (Zhang & Sagiya, 2017). For comparison, we also test a
case of a stress independent linear rheology with a ﬁxed viscosity structure depending on the temperature.
2.4. Earthquake Cycle Model
Our numerical simulation starts from a stress-free initial condition. Far-ﬁeld velocity v0 is assumed as a half
of the long-term fault slip rate, which is assumed to be 1 and 30 mm/year for intraplate and interplate faults
(Table 1), respectively. At each time step, the stress on the fault is compared with the fault strength to judge
if there occurs an earthquake (Figure 2). If the stress is smaller than the strength over the entire fault, we
calculate the stress change for a small time step caused by the far-ﬁeld motion. During the interseismic period,
the fault is locked and no incremental displacement occurs at x = 0 km. The traction-free condition, that is,
𝜏yz = 0, is applied on the ground surface and at the bottom of the model at the depth of 65 km. Shear stress
accumulates on the fault until the Coulomb failure criterion is satisﬁed:
ZHANG AND SAGIYA
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Table 1
Model Conﬁgurations
Model

Crustal rheology

Fault frictional coeﬃcient

Q1W

Wet quartz

0.2

Boundary velocity (mm/year)
1

A1W

Wet anorthite

0.2

1

Q1S

Wet quartz

0.6

1

A1S

Wet anorthite

0.6

1

Q30W

Wet quartz

0.2

30

Q30S

Wet quartz

0.6

30

Linear

Prescribed viscosity structure

0.2

1

Seven model conﬁgurations were tested by this study. The nomenclature of the model conﬁguration is as follows:
The ﬁrst letter denotes rheological model (A, anorthite; Q, quartz). The rheological parameters for anorthite and
quartz are summarized in Table 2. The last letter denotes fault strength (W, weak; S, strong). The number between
two letters denotes the total relative velocity in millimeters per year.

𝜏f = 𝜇f 𝜎n + Cf ,

(5)

where Cf is the frictional cohesive strength, which is assumed to be 5 MPa in this study, 𝜎n is the fault normal
stress given by 𝜌gh, and 𝜇f is the coeﬃcient of internal friction, which is assumed to be 0.2 for the weak fault
and 0.6 for the strong fault (Table 1).
The stress in the crust and the upper mantle is calculated from the accumulated elastic strain, which is the
product of elastic strain rate and time. In the calculation of elastic strain change in a small time step, we
assume that elastic (𝜀̇ eij ) and viscous (𝜀̇ vij ) shear strain rates are constant during the time step. By solving the
time-dependent diﬀerential equation (equation (3)) for shear stress, we obtain the expression for the shear
stress at time t0 + Δt:
(
t )
𝜏ij0
t0 +Δt
t0
t0
Δt,
𝜏ij
= 𝜏ij + G 𝜀̇ ij −
(6)
𝜂eﬀ
t

where 𝜏ij0 is the shear stress at time t0 . Adaptive time step Δt is determined by the minimum eﬀective viscosity
min
min
), that is, Δt = 0.1𝜂eﬀ
∕G. Since the eﬀective viscosity and total viscous shear strain
of the whole system (𝜂eﬀ
rate are the function of stress (equations (3) and (4)) at each time step, they can be calculated from shear stress
using equation (4). The total shear strain rate in equation (6) can be obtained by solving the stress equilibrium
equation
𝜕𝜏yx
𝜕x

+

𝜕𝜏yz
𝜕z

(7)

= 0.

In the coseismic period, the static stress drop is applied on the fault and its deep extension is locked. The
traction free condition, that is, 𝜏yz = 0 and 𝜏yx = 0, has been applied to both horizontal boundaries and the
far-ﬁeld boundary.
Because the entire model behaves elastically in the coseismic period, there is a linear relationship between
the stress and the strain changes, that is,

Table 2
Rheological Properties of Rocks From Laboratory Measurements
logA

n

(MPa−n−r μmm s−1 )

Rock type

Q

(kJ/mol)

V
m

r

(cm3 ∕mol)

Ref.
Rutter and Brodie (2004)

Wet quartz

disl.a

−4.9

3

242

0

1

0

Wet anorthite

disl.a

0.2

3

345

0

1

38

Rybacki et al. (2006)

Wet olivine

disl.b

3.2

3.5

520

0

1

22

Hirth and Kohlstedt (2013)

disl. denotes dislocation creep. Density of quartz, anorthite, and olivine are 2,660, 2,760, and 3,214 kg/m3 ,respectively.

ZHANG AND SAGIYA

9272

Journal of Geophysical Research: Solid Earth

10.1029/2018JB016421

Figure 2. Stress concentration at the crack tip can be eliminated by several iterations. Time does not proceed in these
iterations.

Δ𝜏ij = GΔ𝜀eij .

(8)

The elastic shear strain change (Δ𝜀eij ) can also be obtained by solving the stress equilibrium equation
(equation (7)).
We calculate the stress change using the stress boundary condition given by the diﬀerence between stress on
the fault in the previous step and the residual fault surface traction (black line). When a brittle fracture occurs
in the upper crust, stress concentrates near the crack tip, the deepest point of the rupture. In order to eliminate
the stress concentration near the crack tip, we apply an iterative method, which is illustrated in Figure 3. The
dark-blue line is the stress on the fault before the ﬁrst rupture, and other solid lines show the stress on the
fault after each iteration. Iteration of coseismic deformation continues until stress concentration at the crack
tip becomes negligibly small. As a result, the fault tip depth increases after each earthquake. These iterations
are considered as an instantaneous process to represent coseismic change in our simulation.
After repeating several times, the fault can penetrate the entire upper crust and the brittle-ductile transition
zone (BDTZ), where the failure mode changes from brittle fracture to plastic ﬂow (Kohlstedt et al., 1995). Starting from an initially stress-free condition, the temporal evolution of stress and strain distribution is calculated
until the appearance of a regular earthquake cycle, in which shear stress distribution does not evolve over each
earthquake cycle any more. Based on the deﬁnition of the brittle-ductile transition (Kohlstedt et al., 1995), the
depth range of BDTZ can be quantitatively estimated from the distribution of coseismic oﬀsets on the fault
after the regular earthquake recurrence started. In this study, we tentatively deﬁne BDTZ as the depth range
where the modeled coseismic slip decreases from 90% of its maximum value at the surface to 0.
Model conﬁgurations considered in this study are summarized in Table 1. Except for the linear viscosity case,
other cases are referred using a number between two letters. The ﬁrst letter indicates the rock rheology (A,
anorthite; Q, quartz) of the crust, and the second letter indicates the fault strength (W, 𝜇f = 0.2; S, 𝜇f = 0.6).
The number between two letters indicates the total relative velocity (2v0 ) in millimeters per year. In this paper,
we refer to each case by the name shown in Table 1.

3. Results
In this section, we present a spatiotemporal evolution of shear stress, eﬀective viscosity, viscous shear strain
rate, and the shear strain associated with the intraplate strike-slip fault. Each snapshot is taken at the end of

Figure 3. The algorithm for calculation of the earthquake cycle, both interseismic and coseismic stress change is solved
using stress equilibrium equation (equation (7)).
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Figure 4. Shear stress 𝜏yx evolution in the model of Q1W. Each ﬁgure is plotted right before an earthquake, the number of earthquake cycle is shown in each
ﬁgure, and the elapsed time is shown on the top of each ﬁgure.

the interseismic period in earthquake cycles. Next, we show the evolution of the fault behavior by showing
the shear stress accumulation rate averaged over diﬀerent earthquake cycles, the coseismic slip, and the shear
stress on the fault plane. Among seven diﬀerent cases (Table 1), we only show the evolution process in the
case of Q1W because the scenario of the evolution is similar in the cases with diﬀerent rock rheology and
boundary conditions. After the regular earthquake recurrence starts (i.e., shear stress distribution does not
change from cycle to cycle), we show the results for all seven cases because the distributions of shear stress,
viscous shear strain rate, and eﬀective viscosity depend on model conﬁgurations.
3.1. Evolution of Shear Stress
Figure 4 shows the stress evolution of the model Q1W. Starting from a non-stressed condition, shear stress
increases in the crust and the upper mantle due to far-ﬁeld loading. The eﬀective viscosity is inversely proportional to the shear stress with a power of n − 1(n = 3). At the beginning, the stress increases linearly in
time at a constant rate of ∼300 Pa/year because the eﬀective viscosity of the non-stressed material is inﬁnitely
large and the whole model area behaves elastically (Figure 4a). In the elastic layer, the shear stress uniformly
increases until the stress on the fault reaches the fault cohesive strength (5 MPa). As earthquakes repeat, the
stress gradually becomes localized around the fault tip. Figure 4b shows the shear stress distribution before
the 10th earthquake (0.15 Myr), the shear stress near the fault tip is ∼70 MPa, which is higher than the stress
in the far ﬁeld (∼50 MPa). At 0.21 Myr (Figure 4c), the fault tip reach the BDTZ. After that, the change of the
shear stress over earthquake cycles becomes smaller. The increase of the maximum shear stress from 0.21 to
0.27 Myr (Figure 4d) is only about 4.7 MPa, which is much smaller than the maximum shear stress increase of
24.4 MPa from 0.15 to 0.21 Myr. Around 0.40 Myr, the shear stress stops evolving and a regular recurrence of
earthquakes starts (Figure 4f ).
In the far ﬁeld, the shear stress gradually increases with time until the regular recurrence starts. After that, the
shear stress in the far ﬁeld gets as large as ∼70 MPa even at the ground surface. Such high shear stress value
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Figure 5. The eﬀective viscosity 𝜂eﬀ evolution in the model of Q1W. Each ﬁgure is plotted right before an earthquake, the number of earthquake cycle is shown
in each ﬁgure, and the elapsed time is shown on the top of each ﬁgure.

is not realistic in the Earth’s crust, especially for the shallower part where the rock strength is small. Such a
consequence is caused by our assumption that the whole model area is composed of a Maxwell viscoelastic
material. The upper crust behaves elastically because of its low temperature. In the future studies, oﬀ-fault
plasticity in the upper crust should be considered to limit the stress in the upper crust.
3.2. Evolution of Eﬀective Viscosity
Figure 5 shows the evolution of the eﬀective viscosity structure. Before the fault tip reaches the deeper part
of the lower crust (Figures 5a and 5b), the eﬀective viscosity in the lower crust and the upper mantle has a
layered structure and there is a sudden change of eﬀective viscosity at the depth of Moho. As the fault tip is
getting closer to the lower crust (Figures 5c and 5d), the eﬀective viscosity starts to drop near the fault due to
the shear stress concentration. At the same time, the eﬀective viscosity in the deeper part of the lower crust
also decreases because the shear strain 𝜖̇ yz concentrates above the Moho. In the far ﬁeld in the lower crust, the
eﬀective viscosity increases while the layered structure remains unchanged. After the regular recurrence starts
(Figures 5e and 5f ) at 0.4 Myr, the structure of eﬀective viscosity does not change any more as the distribution
of the eﬀective viscosity at 0.5 Myr are identical to that at 0.4 Myr.
3.3. Evolution of Viscous Shear Strain Rate
Figure 6 shows the evolution of viscous shear strain rate 𝜀̇ yx of model Q1W. Before the fault tip reaches the
lower crust, the deformation of the lower crust and the upper mantle are dominated by a laminar ﬂow in
which the viscous shear strain rate is about 10−16 s−1 . The deformation starts to concentrate under the fault
at 0.2 Myr when the fault tip reach the BDTZ. At the same time, the shear strain rate in the far ﬁeld of the
lower crust decreases. Under the elastic upper crust at the depth of 17–20 km, there is a thin layer where
the shear strain rate does not change after the 10th earthquake because the eﬀective viscosity in that layer
is larger than 1024 Pa and the Maxwell relaxation time (tr = 𝜂eﬀ ∕G) is longer than 1 Myr. Since the time span
of our simulation is less than 1.6 Myr, stress of this layer cannot be relaxed. Compared with the deeper part
ZHANG AND SAGIYA
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Figure 6. The viscous shear strain rate 𝜀̇ yx evolution in the model of Q1W. Each ﬁgure is plotted right before an earthquake, the number of earthquake cycle is
shown in each ﬁgure, and the elapsed time is shown on the top of each ﬁgure.

of the lower crust, the degree of shear strain concentration in the upper mantle is much smaller, because the
eﬀective viscosity of the shallowest part upper mantle is ∼ 104 times larger than that in the deepest part of
the lower crust (Figure 5).
3.4. Evolution of Shear Strain
Figure 7 shows the evolution of total shear strain in model Q1W. In the upper crust, the distribution of the strain
has a similar pattern as the distribution of the shear stress because the strain is linearly proportional to the
shear stress. In the lower crust under the fault, the distribution of shear strain is a temporal integration of the
viscous shear strain rate shown in Figure 6. After the regular earthquake recurrence started, the distribution
of the shear strain in the lower crust shares the same characteristics with the distribution of the viscous shear
strain rate. In the crust, there is no discontinuity between the upper and the lower crust and in the far ﬁeld, the
maximum shear strain of the crust reaches ∼ 2.5 × 10−3 . On the other hand, the strain discontinuity between
the crust and the upper mantle is obvious because there is almost no strain concentration in the upper mantle.
3.5. Evolution of the Fault Behavior
In the process of the tectonic stress evolution, the fault behavior changes in time. Figure 8 shows the evolution
of the averaged interseismic stressing rate (a), coseismic oﬀset on the fault in an earthquake cycle (b), and
shear stress on the fault (c). Before the ﬁrst earthquake, the shear stress is less than 5 MPa and increases not
only in the upper crust but also in the shallower part of the lower crust (red line in Figure 8a). Because the
built-up stress is a result of a constant far-ﬁeld loading, the stressing rate is nearly a constant at 300 Pa/year.
As the stress increases, deeper part of the crust with a higher strength starts to break in earthquakes. After
a few earthquake cycles, earthquakes start to break through a large portion of the elastic upper crust (e.g.,
coseismic oﬀset of the 10th earthquake is shown by the green line in Figure 8b). Before the fault reaches the
deeper part of the upper crust, the stressing rate in the upper crust is nearly a constant, which, in this case, is 20
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Figure 7. The viscous shear strain rate 𝜀̇ yx evolution in the model of Q1W. Each ﬁgure is plotted right before an earthquake, the number of earthquake cycle is
shown in each ﬁgure, and the elapsed time is shown on the top of each ﬁgure.

to 40 Pa/year larger than the initial stressing rate. The increase of the stressing rate is a result of the basal drag
in the lower crust. In the shallower part of the lower crust, the stress starts to decrease due to stress relaxation.
After the fault tip reaches the depth of BDTZ, the stressing rate in the upper crust and the shallowest part of
the BDTZ increases due to the basal drag (blue line in Figure 8a). As the fault gets closer to the lower crust,
the eﬀect of the basal drag becomes more intense after each earthquake. The averaged interseismic stressing
rate signiﬁcantly increases in the deeper part of the upper crust and the shallow part of BDTZ. In the shallow
part of the upper crust, the stress perturbation is smaller than at the shallow part of BDTZ. After the regular
earthquake recurrence started, the maximum shear stressing rate is ∼3 kPa/year at the depth of ∼18 km,
which is 6 times larger than that on the surface (∼0.5 kPa/year). Because the fault is mainly loaded by the
basal drag, the coseismic oﬀsets increment toward the ground surface is small and the oﬀset value on the
ground surface is equal to the far-ﬁeld travel distance during an interseismic period after regular earthquake
recurrence started.
The coseismic oﬀsets after the regular recurrence starts can be used to quantitatively estimate the depth
range of BDTZ. In Figure 8 gray broken lines indicate the upper and lower boundaries of the BDTZ. In the case
of Q1W, the depth of BDTZ ranges from 17.6 to 20.4 km. In other cases considered in this study, the depth of
BDTZ can be estimated in the same manner and the results, which are summarized in Table 3, depend on the
assumptions of rock rheology, far-ﬁeld velocity, and fault strength.
3.6. Eﬀect of Model Conﬁgurations
In this study, seven diﬀerent cases, including one linear case with stress-independent layered viscosity structure, have been considered (Table 1) to understand how rock rheologies, far-ﬁeld velocities, and fault strength
aﬀect the evolution process of stress, deformation, and eﬀective viscosity structure around the vertical
strike-slip fault. Figures 9 and 10 show the shear stress, eﬀective viscosity, and viscous shear strain rate of
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Figure 8. Stress change rate averaged over an earthquake cycle (a), coseismic oﬀset (b), and shear stress on fault plane
right before an earthquake (c). Lines with diﬀerent colors indicate the result from earthquakes at diﬀerent time. The gray
broken lines indicate the depth of brittle-ductile transition zone.

intraplate and interplate cases. Each of these ﬁgures is plotted at the end of an interseismic period. Time to
reach regular recurrence for each case is summarized in Table 3.
In our model, the magnitude of the shear stress in the bulk of the crust and the upper mantle is largely inﬂuenced by the fault strength. The shear stress reaches its maximum at the depth of BDTZ. Because the fault
strength is assumed to linearly depend on the depth, the deeper the BDTZ is, the larger the magnitude of
shear stress in the BDTZ. The assumption of rock rheology has a signiﬁcant inﬂuence on the depth of the BDTZ.
Compared to the cases with wet quartz, the depth of BDTZ is ∼6 km deeper in the cases with wet anorthite
(Table 3). Therefore, the shear stress in the cases with wet quartz (Figures 9a and 9c) is smaller than that in the
cases with wet anorthite (Figures 9b and 9d). On the other hand, the depth of BDTZ in the cases of intraplate
cases are only ∼2 km shallower than that in the interplate cases (Table 3). In the nonlinear cases, because we
assume a power law rheology for the entire model, the viscous shear stress in the lower crust is proportional to
shear strain rate with a power of 1∕n(n = 3). Therefore, the shear stress is less sensitive to the shear strain rate.
In the shear zone under the fault, shear stress in the interplate cases is ∼3 times larger than intraplate cases.
Unlike the shear stress, viscous shear strain rate in the shear zone linearly depends on the far-ﬁeld velocity.
For the intraplate cases (Figures 9k–9o) and the interplate cases (Figures 10e–10f ), the maximum shear strain
rates are ∼ 1.7 × 10−14 s−1 and ∼ 4.6 × 10−13 s−1 , respectively. Because the eﬀective viscosity is inversely
proportional to the stress with a power of n − 1 (n = 3), the eﬀective viscosity of the lower crust in the interTable 3
Model Properties After Regular Recurrence Starts

Model

Depth of BDTZ

Surface displacement

Recurrence interval

Regular recurrence start time

(km)

(m)

(kyr)

(Myr)

Q1W

17.6–20.4

0.76

1.54

0.4

A1W

23.9–27.0

0.84

1.70

0.5

Q1S

15.5–18.0

0.67

1.39

1.0

A1S

21.6–24.5

0.77

1.59

1.4

Q30W

19.7–23.0

0.90

0.061

0.015

Q30S

17.6–20.4

0.78

0.053

0.038

Linear

18.7–23.9

1.23

2.52

0.8

Note. BDTZ = brittle-ductile transition zone.
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Figure 9. Shear stress (a–e), eﬀective viscosity (f–j), and viscous shear strain rate (k–o) distributions of intraplate cases after regular recurrence is reached.
Figures are plotted at the end of an interseismic period right before an earthquake. Each row shows the results of a case, and the name of the case is shown on
the top of the row. White broken lines indicate the location where viscous shear strain rate is not changed from the shear strain rate of uniformly distributed
simple shear, which is about 3.17 × 10−16 s−1 in intraplate cases. The gray broken lines indicate the depth of brittle-ductile transition zone.

plate cases (Figures 9c and 9d) is ∼10 times smaller than that in the intraplate cases (Figures 9f and 9g). The
maximum shear strain rate in the center of the shear zone is signiﬁcantly larger than the shear strain rate of
uniformly distributed simple shear, which is ∼ 3.2 × 10−16 s−1 and ∼ 9.5 × 10−15 s−1 for intraplate and interplate cases, respectively. White broken lines in Figures 9k–9o and 10e–10f indicate the location in the lower
crust and the upper mantle where shear strain rate does not change from the beginning when deformation
is dominated by uniformly distributed simple shear.
The shear strain rate increase on the left-hand side of the broken line is a result of shear strain concentration.
A shear zone with a localized high shear strain develops there. The smaller the distance from the fault to
the broken line is, the higher the degree of shear strain concentration. The white broken line enables us to
compare the width of the shear zone in diﬀerent cases. The shear zone width increases with depth, and it is
not inﬂuenced by the far-ﬁeld velocity as the location of white broken lines is similar to each other in the cases
assuming wet quartz rheology. Compared to the cases of wet quartz rheology, the shear zone of the models
with wet anorthite rheology is narrower in the lower crust and the deformation in the upper mantle is more
concentrated because of the deeper BDTZ.
In the linear case, the distribution of viscosity is ﬁxed using the eﬀective viscosity structure at the end of the
10th interseismic period of model Q1W (Figure 9j). Because the eﬀective viscosity of Q1W is smaller due to the
shear stress concentration, the depth of the bottom of BDTZ is ∼ 2.5 km shallower than the linear case. In the
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Figure 10. Shear stress (a and b), eﬀective viscosity (c and d), and viscous shear strain rate (e and f ) distributions of interplate cases after regular recurrence is
reached. Figures are plotted at the end of an interseismic period right before an earthquake. Each column shows the result of a case, and the name of the case is
shown at the end of the column. White broken lines indicate the location where viscous shear strain rate is not changed from the shear strain rate of uniformly
distributed simple shear, which is about 9.51 × 10−15 s−1 in interplate cases. The gray broken lines indicate the depth of brittle-ductile transition zone.

lower crust, because the shear stress concentration is the result of repeating earthquake in the upper crust,
the degrees of shear stress concentration are similar to each other in the linear and the nonlinear cases. On the
other hand, the deformation is more distributed in the linear case (Figure 9o) compared to Q1W (Figure 9k)
because much smaller shear stress is needed for nonlinear cases to achieve the same magnitude of shear
strain rate. The maximum shear strain rate in the linear case is ∼ 6.1 × 10−15 s−1 , which is about one third of
the nonlinear case of Q1W.

4. Discussion
4.1. Stage of Fault Evolution
In our simulation results, we ﬁnd two stages in the fault evolution before regular earthquake recurrence
started. The ﬁrst one is the stress buildup stage. In this stage, the shear stress builds up in the upper crust and
the coseismic oﬀsets on the surface increase with the increasing fault tip depth. The second one is the shear
localization stage. In this stage, deformation is localized under the fault in the lower crust. Due to the stress
relaxation below the upper crust, the stressing rate increases in the upper crust. As a result, the earthquake
intervals and the coseismic oﬀsets on the surface decrease with time in the second stage.
Figure 11a shows the time evolution of coseismic oﬀsets in each earthquake for model Q1W. At the beginning
of the fault evolution, the slip distance of the ﬁrst few earthquakes are very small and recurrence intervals of
the earthquakes are as long as ∼16 kyr. As the stress builds up on the fault, the rupture extends down to the
depth of around 10 km. In the stress buildup stage from the beginning to ∼0.2 Myr, the coseismic oﬀset of
each earthquake on the surface increases in time to the maximum value of 4.4 m. In the shear localization
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Figure 11. Time evolution of coseismic oﬀset on the surface in each earthquakes (a) and recurrence interval (b) for
model Q1W. Each rhombus dots represents an earthquake.

stage from ∼0.2 to ∼0.4 Myr, the coseismic oﬀsets of each earthquake gradually decrease to 1.54 m. After
0.4 Myr, regular earthquake recurrence starts and the coseismic oﬀset does not change anymore.
Figure 11b shows the time evolution of earthquake recurrence intervals. In the entire process of fault evolution from the beginning to 0.4 Myr, the recurrence interval decreases to 1.54 kyr after regular earthquake
recurrence starts. As we have shown in Figure 8, because of the loading from the localized deformation in the
lower crust, even with constant far-ﬁeld loading and fault cohesive strength, the recurrence interval is not a
constant in the process of the fault evolution. It decreases with the increasing degree of shear localization in
the lower crust. After regular recurrence started, the shear localization occurs under the fault. With continuous loading in the far ﬁeld, the fault is expected to become recognizable as an active fault because moderate
earthquake with total oﬀsets of ∼1.5 m occurs every 1,500 years.
For all nonlinear cases in this study, the time duration of two evolution stages are roughly equal each other
and the recurrence intervals after regular earthquake recurrence starts are about one tenth of the recurrence
intervals at the beginning. On the other hand, for the linear case, the time duration of the shear localization
stage is ∼0.6 Myr. Compare to the case of Q1W, which is the counterpart of the linear case, the time duration
of the shear localization stage in the linear case is much longer. Because the shear strain rate linearly depends
on the shear stress in the linear case, the increment of the shear strain rate after each earthquake is smaller in
the linear case. For all the cases in this study, time to reach regular recurrence are summarized in Table 3.
4.2. Time to Develop a Ductile Shear Zone
The magnitude of shear strain in the lower crust is directly related to the cumulative oﬀsets on the surface. Our
results suggest that heterogeneous structures are expected to be more obvious under a strike-slip fault with
a larger cumulative oﬀset. Zhu (2000) showed that Moho oﬀsets are more obvious under the SAF in southern
California compared to that under the eastern California shear zone. For other major continental strike-slip
fault, such as the Alpine Fault in New Zealand, the North Anatolian Fault in Turkey, and the Altyn Tagh Fault in
Tibet, heterogeneous seismic velocity structures has also been revealed by geophysical observations, which
indicates that shear zone do exist in the lower crust under the fault (e.g., Elvira et al., 2017; Stern et al., 2007;
Wittlinger et al., 1998). Shear zones under these faults are well developed because the cumulative oﬀsets
of these faults range from several tens of kilometers to several hundreds of kilometers (Cowgill et al., 2003;
Stirling et al., 1996).
Intraplate strike-slip faults need a much longer time until a shear zone develops under them. Such shear zones
in the lower crust may not be visible by geophysical observations for most of intraplate faults. However, shear
localization under the fault starts at an early stage of the deformation (Figure 12). In the case of A1S it takes
∼0.7 Myr to start localized deformation in the lower crust, which is the latest among all four nonlinear cases
with a boundary velocity of 0.5 mm/year.
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Figure 12. Shear strain (a) and shear strain rate (b) and under the fault in the lower crust. Example taken from case Q1W.

For a matured strike-slip fault whose cumulative oﬀset is larger than several hundred meters, it is likely that
shear deformation is localized in the lower crust below it and surrounding lower crust behaves in a quasi-rigid
manner. Therefore, for most of known active faults, the screw dislocation model in an elastic half space (Savage
& Burford, 1973) can be used to interpret the observed deformation around them and yields a reasonable estimate of the fault locking depth (Ohzono et al., 2011). The mechanical model in this study provides a physical
base for the validity of the screw dislocation model. On the other hand, for strike-slip faults in their developing
stages, because the deformation of the upper crust is dominated by a simple shear in the interseismic period,
the similar model may not work properly.
4.3. Implication to the Discrepancy Between Geodetic and Geological Rates
For a matured fault with a large oﬀset, such as the SAF, geodetically estimated fault slip rates are in general consistent with geological slip rates (e.g., Bourne et al., 1998). On the other hand, for many intraplate
strike-slip faults, geodetically estimated slip rates are higher than geological slip rates (e.g., Meade & Hager,
2005; Ohzono et al., 2011; Oskin et al., 2008). Explanations such as the shallow slip deﬁcit (Fialko et al., 2005),
oﬀ-fault deformations (Herbert et al., 2014), and time-dependent interseismic velocity (Meade et al., 2013)
may have contributed to the discrepancy between geodetic and geologic fault slip rates.
Our model calculation provides an additional clue to understand the discrepancy between geodetic and geologic fault slip rates. Figure 13a shows the calculated cumulative oﬀsets on the fault in model Q1W together
with the travel distance at the far-ﬁeld boundary. The solid line in Figure 13b shows the increase rate of
the cumulative oﬀset, which is the current slip rate at the time of measurement and the gray broken line is
the average fault slip rate from the beginning to the time of measurement. This result shows that even in
such a simpliﬁed model, the estimated geological slip rate could be underestimated because of the delayed
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accumulation of the fault oﬀset corresponding to the tectonic stress
buildup. After a few millions of years of the constant tectonic loading, the
geological slip rate will catch up with the geodetic slip rate.
The modeled coseismic slip is almost constant in the elastic upper crust
(pink line in Figure 8b) after regular recurrence is reached and the modeled slip rate on the fault is uniform independent of the depth. However,
the modeled slip rate at BDTZ is smaller than the slip rate in the shallow part because the surrounding ductile ﬂow accommodates signiﬁcant
relative motion. Therefore, eroded and exposed BDTZ may represent signiﬁcantly smaller relative slip rate than what would have been observed
geologically.
When there is a change of the regional tectonic motion, optimally oriented
faults are newly created or reactivated. But the fault oﬀset accumulation is
delayed until the tectonic stress ﬁeld is created. Faults under such a condition may demonstrate a signiﬁcant discrepancy between their geodetic
and geologic slip rates. Such a delay eﬀect is considered to be more
common for slowly moving intraplate faults.
4.4. Comparison With Mechanical Models for Interplate Strike-Slip
Fault
Previous investigations of the deformation of the lower crust and the
upper mantle using mechanical models have shown that localized shear
deformation can be developed in the lower crust under the interplate
(e.g., Allison & Dunham, 2018; Moore & Parsons, 2015; Takeuchi & Fialko,
2012; Thatcher & England, 1998) and intraplate (e.g., Zhang & Sagiya, 2017)
strike-slip faults. Some of these models considered earthquake cycles (e.g.,
Allison & Dunham, 2018; Erickson et al., 2017; Lambert & Barbot, 2016;
Takeuchi & Fialko, 2012) and others considered a creeping fault (e.g., Moore
& Parsons, 2015; Thatcher & England, 1998; Zhang & Sagiya, 2017) in the
upper crust. The localized deformation in the lower crust under a fault
Figure 13. Cumulative fault slip (a) and geological slip rate (b) from the case
appears in all these models. It is because the long-term behavior of the
of Q1W.
upper crust is block-like after the regular earthquake recurrence starts in
all the models. Our results show that a few million years are necessary to develop a shear zone with a high
shear strain (>1) in the lower crust under a slowly deforming intraplate strike-slip fault (Figure 12).
In the previous studies assuming power law rheologies for the lower crust and the upper mantle, thousands
of earthquakes cycles are required for a model to reach a regular cycle (e.g., Allison & Dunham, 2018; Takeuchi
& Fialko, 2012). Our simulation demonstrates that this spin-up corresponds to the tectonic stress buildup, and
the fault behavior can be highly variable during this period. Without careful examination of the initial settings,
unrealistic behavior appears, such as the negative shear strain rate (Takeuchi & Fialko, 2012) or extremely large
shear stress right below the upper crust (e.g., Moore & Parsons, 2015; Zhang & Sagiya, 2017). Inappropriate
model assumptions may have led to those unexpected results. For example, in the most of previous studies,
the thickness of the upper crust is often ﬁxed by the thickness of the seismogenic layer. This assumption is
valid for those models assuming linear rheology for the lower crust (e.g., Thatcher & England, 1998). However,
in the models assuming a power law rheology for the lower crust, due to the relatively low temperature in
the shallow lower crust, the eﬀective viscosity right below the upper crust becomes extremely large. In a thermomechanical model, a tremendous amount of heat is generated in the lower crust to reduce the eﬀective
viscosity (e.g., Moore & Parsons, 2015; Takeuchi & Fialko, 2012). This problem can be partially solved by calculating the depth of BDTZ for each case with diﬀerent sets of rock rheology and fault strength. Through such
a consideration, in Zhang and Sagiya (2017), shear stress in the lower crust is less than few hundred megapascals. On the other hand, in the uppermost part of the lower crust where eﬀective viscosity is very high
(> 1024 Pa), only plastic deformation is allowed and the shear stress is still larger than 1 GPa. In this study,
the shear stress does not exceed a few hundred megapascals (Figure 9), which is comparable to the fault
strength at depth. The mechanical model in this study demonstrates that the depth of the BDTZ depends on
model assumptions such as the rock rheology and boundary conditions and should not be prescribed beforeZHANG AND SAGIYA

9283

Journal of Geophysical Research: Solid Earth

10.1029/2018JB016421

hand. Similarly, it is not appropriate to impose an elastic/brittle upper crust layer for the simulation of crustal
deformation.

5. Conclusion
We have developed a self-consistent earthquake cycle model for simulating the evolution of an intraplate
strike-slip fault with nonlinear Maxwell rheology. We investigate the stress buildup process in an initially
stress-free crust-mantle system in the geological timescale. At the beginning of stress buildup process, the
stressing rate is constant in the entire model. Due to the plastic ﬂow, stressing rate becomes 0 in the lower
crust and the upper crust. As stress increase in the upper crust, the deeper part of the upper crust with a
higher strength can be broken by the earthquakes. As the fault tip is getting closer to the BDTZ, shear stress
and shear strain deformation start to concentrate near the fault tip.
Before fault tip reaches the BDTZ, which depends on the fault strength, rock rheology, and total relative slip
rate, the earthquakes have very long recurrence interval of ∼16 kyr and in the case of 1-mm/year total relative slip rate at 50 km away from the fault. In the beginning, the recurrence interval depends on the far-ﬁeld
loading. The recurrence interval can also be inﬂuenced by the concentrated shear stress deformation in the
lower crust as the fault tip is getting closer to the lower crust. After the regular earthquake recurrence starts,
the recurrence interval decreases by an order of magnitude.
Under a slowly deforming intraplate strike-slip fault, time to develop a shear zone with large shear strain is
much longer than the time for shear strain deformation to concentrates under the fault. Shear zone in the
lower crust under an intraplate strike-slip fault may not be detectable with geological observations. Even
without any geophysical evidence of shear zone under the intraplate strike-slip fault, simple screw dislocation
model (Savage & Burford, 1973) can explain the geodetic observed deformation across the fault. Our model
provides the physical explanation of the validity of the screw dislocation model.
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