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Abstract

Intraplate earthquakes occurring at active faults are highly hazardous. But physical

mechanisms of their occurrences are still not well understood. In order to tackle this

problem, I investigate mechanical processes regarding tectonic loading of intraplate

vertical strike slip faults and associated structural developments such as localized

shear zone in the lower crust in terms of numerical simulations.

In the lower crust under interplate and intraplate strike slip faults, existence of local-

ized deformation has been suggested by geophysical and geological studies. Several

different shear strain concentration mechanisms such as shear and frictional heating,

power law creep, and grain size reduction have been proposed to explain the forma-

tion and maintenance of the shear zone under an interplate strike slip fault such as the

San Andreas fault. However, since intraplate strike slip faults have small slip rates

less than 1 cm/yr, the controlling mechanisms of shear strain concentration in the

lower crust may be different from the one for the interplate fault. To better understand

the mechanism and boundary conditions that influence the deformation of the lower

crust, two-dimensional numerical experiments are conducted for the deformation of

the lower crust under an intraplate strike slip fault based on laboratory-derived power

law rheologies considering the effects of grain size and water.



The result shows that the power law rheology is the most important mechanism

controlling the deformation of the lower crust. Compared to the case with a linear-

rheology, the degree of the shear strain localization in the cases with nonlinear rheol-

ogy is significantly higher. The maximum value of the shear strain rate in the nonlinear

case is ∼ 2 times larger than the linear case. On the other hand, there is almost no dif-

ference between the case with constant and non-constant grain size. In the case with

non-constant grain size, as a result of competing effects of grain size reduction and

grain growth, characteristic spatial distribution of the grain size appears as a func-

tion of depth and distance from the fault. This grain size distribution plays a role

of maintaining the shear localization under the fault. In the previous studies for in-

terplate strike slip fault, effective viscosity reduction due to thermal weakening has

been considered to play a central role to develop shear zone in the lower crust. On

the other hand, in the case of intraplate strike slip fault, owing to the slow slip rate

(1 mm/yr), shear and frictional heating has negligible effects on the deformation of

the shear zone. The heat production rate depends weakly on the rock rheology; the

maximum temperature increase over 3 Myr is only about several tens of degrees.

Unlike the lower crust where aseismic plastic deformation occurs, elastic defor-

mation and brittle fracture occur in the upper crust. Mechanical interaction between

different parts of the crust is important to understand crustal deformation and seismo-

genic processes around crustal faults. Therefore, I further investigate the evolution of

tectonic background stress, elastic as well as the inelastic strain in a crust-upper man-

tle system around an infinitely long vertical strike slip fault. Based on the previous
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results, I assume that both the crust and the upper mantle are composed of nonlinear

viscoelastic materials whose effective viscosity is controlled by power law rheologies.

In this model, stress evolution is simulated starting from an initial stress-free condi-

tion, and stress accumulates due to a constant far-field loading at 50 km away from

the fault. As the stress accumulates, brittle fractures occur in the upper crust. Also,

recurrence of earthquakes is modeled based on the Coulomb failure criterion. The

frictional cohesive strength is assumed to be 5 MPa.

In the early stage of stress evolution, deformation of the crust and the upper mantle

is dominated by a uniform simple shear. Shear localization in the lower crust starts

when coseismic rupture extends to the entire brittle upper crust. Together with this

transition, the earthquake recurrence interval decreases by an order of magnitude from

∼ 16 to ∼ 1.6 kyrs. A basal drag originated from the localized plastic flow of the lower

crust plays an important role in tectonic loading of the crustal faults by increasing the

stressing rate from ∼300 to ∼3000 kPa/yr. The recurrence interval and the maximum

stressing rate after the start of regular cycle depend on the degree of strain localization

in the lower crust which is correlated with the crustal rheologies.

After the localized deformation is fully developed in the lower crust, the fault slip

rate catches up with the far field velocity and earthquakes start to occur periodically. In

the case of an intraplate strike slip fault, such a steady state can be reached in a several

hundred thousand years from the beginning. A shear zone with large cumulative strain

needs few million years to develop under an intraplate strike slip fault, which is much

longer than the time for shear strain rate to be localized. The shear strain in the shear
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zone under the fault linearly depends on the cumulative fault offset at the surface.

Under a strike slip fault with a cumulative offset longer than few kilometers, a shear

zone with large shear strain is likely to exist in the lower crust and it can be observed

by geophysical means.

The model successfully reproduced evolution of intraplate strike slip faulting, de-

velopment of a shear zone in the lower crust under the fault, and tectonic stress build-

up in the bulk of the crust around an intraplate strike slip fault. The results of this

model provide important clues to understand the problems associated with the in-

traplate strike slip faulting such as the degree of the shear strain concentration in the

lower crust under the fault and the discrepancy between geodetic and geologic fault

slip rates. The model demonstrates the importance of considering the whole mechan-

ical system of the crust in which rheological properties, thermal structure, and fault

activities are interactive one another for better understanding of crustal seismogenesis.
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Chapter 1

Introduction

Horizontal displacements in strike slip faults represent one of the fundamental modes

of deformation in the Earth’s crust which accommodates the relative motion of tec-

tonic plates. In the plate tectonics theory, to a first-order approximation, the interplate

strike slip deformation zone is a narrow region along the plate boundaries and the plate

interior is assumed to be rigid. Along the interplate strike slip fault, such as the San

Andreas fault (SAF) in California, United States, many earthquakes occurred in the

past (e.g. Smith and Sandwell, 2006). One of the most intensively studied interplate

strike slip earthquake was the 1906 San Francisco earthquake. Detailed geodetic ob-

servations before and after this earthquakes reveal the general character of the crustal

deformation around the fault between the earthquakes. These observations show that

deformations related to the earthquake are concentrated near the fault (Figure 1a) .

Based on these observations, Reid (1910) proposed the elastic rebound theory, which

explains the strain in the crust around the fault is accumulated elastically by the con-

stant relative motion in the far field and accumulated strain is released by a sudden

rupture along the fault.
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Figure 1: Long-term deformation (c) is a summation of interseismic displacement (a)
and coseismic displacement (b). S is coseismic slip on the surface and D is the locking
depth.

Although the observed surface deformation can be well described by the elastic

rebound theory, the mechanisms of the localized deformation around the strike slip

fault was not well understood until the introduction of the buried screw dislocation

model of interseismic deformation for long strike slip faults (Figure 2) in Savage and

Burford (1973). This model has been commonly used in the studies for interplate as

well as the intraplate strike slip fault (e.g. Johnson and Segall, 2004; Ohzono et al.,

2011; Yamasaki et al., 2014). A simple kinematic model with a screw dislocation at

depth in an elastic half space can provide a fairly good fit to the observed velocity

field and can be used to estimate the total relative velocity across the fault, as well

as the fault locking depth. Despite the success of the elastic screw dislocation model

in matching the observed interseismic deformation, the mechanisms of the localized
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steady slip at depth under the fault was not well understood. In contrast, according to

the rheological experiments, crustal rocks under the fault considered to be deformed

by distributed plastic flow under high temperature/pressure condition in the lower crust

(e.g. Kohlstedt et al., 1995).

Figure 2: Screw dislocation in an elastic half-space model used to fit the interseismic
geodetic measurements across strike slip faults (Savage and Burford, 1973).

Deformation processes in the lower crust have been inferred based on various geo-

physical as well as geological studies, which suggest the existence of a localized shear

zone under the fault. The direct evidence of the localized shear zone are shown by the

geological studies. Highly strained mylonites form in plastic shear zone under the

fault are commonly observed on the exhumed fault zones (e.g. White et al., 1980; Sib-

son, 1980). The undergoing localized plastic deformation under the fault has been

suggested by geophysical observations. Under interplate strike slip faults, seismic to-

mography suggested vertical offsets of the Mohorovičić discontinuities (e.g. Henstock
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et al., 1997; Zhu, 2000) which indicates the relative motion of the crustal block with

different thickness are accommodated by the localized deformation under the fault.

In the lower crust, seismic velocity anomalies (e.g. Wittlinger et al., 1998; Nakajima

and Hasegawa, 2007; Nakajima et al., 2010), high-conductivity zones (Ogawa and

Honkura, 2004; Yoshimura et al., 2009; Becken and Ritter, 2012) and deep tremors

on the downward extension of major faults (e.g. Norris and Toy, 2014) suggest the

existence of weak zones where localized deformation occurs.

However, due to a limited spatial resolution of geophysical observations, the de-

gree of the shear strain concentration in the lower crust is not well resolved. To solve

this problem, based on the rheological experiments, various shear strain localization

mechanisms, such as thermal weakening, grain size reduction and power law creep

have been considered in the thermo-mechanical model. Because the shear strength

of the ductile material exponentially depends on the temperature, among these mech-

anisms, shear and frictional heating was considered to play the principal role in the

process of developing the shear zone under an interplate strike slip fault (e.g. Thatcher

and England, 1998; Takeuchi and Fialko, 2012).

Compared to major interplate strike slip faults, intraplate strike slip faults have

much slower slip rate, at < 10 mm/year and because of that, the deformation in the

lower crust should occur at a much slower rate. The shear strain concentration mech-

anisms considered for interplate strike slip faults may have different implications and

different weights on the development and the maintenance of a shear zone under an

slowly deforming intraplate strike slip fault.

18



To understand the deformation of the continental crust around an intraplate strike

slip fault, in the first step, I constructed a thermo-mechanical model based on laboratory-

derived rheological laws of lower crustal rocks (Model 1). With a creeping fault in the

upper crust, I conduct a series of numerical simulations on deformation of the lower

crust under an intraplate strike slip fault. As the temperature changes with time due

to shear as well as frictional heating, the evolution of the deformation patterns and the

viscosity structure in the geological time scale are evaluated. Based on the simula-

tion results of different rheological settings, I evaluated the relative importance of the

shear strain concentration mechanisms including shear and frictional heating, grain

size reduction and power law creep. The effect of water weakening is quantitatively

evaluated with water fugacity. In addition, deformation of the shear zone beneath an

intraplate and an interplate strike slip faults are compared to identify the controlling

factors for lower crustal shear localization under intraplate conditions. Chapter 2 of

this thesis contains the relevant methods, results, and discussions.

Another difference between intraplate and interplate strike slip faults are their ma-

turity. Generally, major interplate strike slip faults such as the San Andreas fault are

considered to be matured faults, as the fault offsets of may as long as few hundreds of

kilometers (Atwater, 1989). In the last few millions of years, the slip rate of SAF are

considered to be stable (DeMets and Dixon, 1999). In such a long time scale, thermo-

mechanical models for the deformation of interplate strike slip fault show a steady-

state behavior. Therefore, in the previous studies using rheological laws to simulate

the lower crustal deformation, time dependent solution has not been considered. On
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the other hand, for intraplate strike slip fault, geologically estimated slip rates are often

slower than the geodetic estimations (e.g. Oskin et al., 2008; Ohzono et al., 2011; Her-

bert et al., 2014). Steady state may not be achieved on immature intraplate strike slip

faults with a small cumulative displacement. In order to improve our understanding

of evolution process of intraplate strike slip faults, what kind of role elastic/brittle and

plastic deformation plays and how the elastic upper crust and the plastic lower crust

interact with each other are important questions to answer. There are two end-member

models for the interaction between the upper and the lower crust. One is the basal drag

model, which postulates the upper crust is passively follows the distributed flow of the

stronger plastic lower crust (Bourne et al., 1998). The other is the viscoelastic cou-

pling model (Savage and Prescott, 1978), which considers the viscoelastic substratum

under the fault response to the earthquake rupture on the fault and the far field load-

ing in the upper crust to create the time-dependent deformation around a strike slip

fault zone. In that model, the deformation of the viscoelastic lower crust is a result

strike slip faulting in the upper crust. The observed deformation along a vertical strike

slip fault can be equally well reproduced by both of these models, which means that

geodetic observation alone cannot resolve the problem (Savage et al., 1999).

Geophysical observations can provide direct constrains on the deformation of the

lower crust. There are some geophysical studies (e.g. Henstock et al., 1997; Zhu, 2000)

suggesting that faults cut through the entire crust. One the other hand, other studies

show that the Moho depth varies rather smoothly across the fault zone, indicating that

deformation in the lower crust is broadly distributed (e.g. Wilson et al., 2004; DESERT
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Group et al., 2004). Again, opinions are divided because geophysical observations

cannot resolve the ongoing deformation of the lower crust.

Therefore, I try to answer the questions through a construction of a two-dimensional

self-consistent mechanical model (Model 2). In this model, I simulate the evolution

of the shear stress, effective viscosity and deformation along an infinitely long strike

slip fault with constant tectonic loading in the far field on an initially unstressed crust-

mantle system. The entire system is composed of nonlinear Maxwell materials whose

plastic flow is controlled by the experimental rheological laws and the occurrence of

earthquakes are controlled by the stress on the fault. I show how the crustal structures

such as the upper crustal fault, localized shear zone in the lower crust, and heteroge-

neous viscosity distributions are developed. Also, the results with different rheological

properties and boundary conditions are compared to find out how model settings af-

fect the deformation. Finally, I discuss how the evolution of the fault related structures

affects pattern of geodetic, geological and geophysical observations. Chapter 3 of this

thesis contains the relevant methods, results, and discussions.

In this study, there are few assumptions are not realistic and should be addressed in

the future study. Firstly, in the upper crust, the off-fault plastic deformation can occurs

to accommodate the loading from the far field. The plastic deformation in the crust

occurs only when plastic strength is reached. It is different from the plastic deforma-

tion in the lower crust, which occurs upon loading. Off-fault plastic deformation can

affect the tectonic loading process of earthquakes. Since the upper crust of mechani-

cal model assume viscoelastic rheologies deform elastically, it is necessary to modify
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Model 2 to include the plastic deformation in the upper crust. A possible solution to

reduce the shear stress in the upper crust is to assume a visco-elasto-plastic deforma-

tion for the entire crust. In Chapter 4.1, I discuss the effect of the plastic deformation

on the evolution of the fault based on preliminary results of the model considering

the off-fault plastic deformation in the upper crust. Secondly, In the interior of the

continental plate far away from plate boundaries, the fault may loaded from below by

mantle flow. In Chapter 4.2, I discuss the possibility of loading a continental crust by

the mantle flow. Thirdly, in the model of this study, the intraplate strike slip fault is

assumed to be infinitely long, which is unrealistic since the fault length are typically

shorter than few hundreds of kilometers. In Chapter 4.3, I discuss the influence of

the fault ends and I propose a possible solution to simulate the behavior of the fault

ends. Finally, in Chapter 4.4, I discuss the implications for the intraplate strike slip

earthquake activities.
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Chapter 2

Shear strain concentration
mechanisms in the lower crust
under an intraplate strike slip
fault based on rheological laws
of rocks

In this chapter, I evaluate the relative significance of shear strain concentration mech-

anisms in the evolution of the shear zone under an intraplate strike slip fault. In pre-

vious studies, several shear strain concentration mechanisms have been considered to

understand the formation and maintenance of the shear zone under an interplate strike

slip fault. Those candidate mechanisms include dislocation (power law) creep (e.g.

Kirby and Kronenberg, 1987), grain size reduction (e.g. De Bresser et al., 2001) and

shear and frictional heating (e.g. Yuen et al., 1978; Thatcher and England, 1998). For

an intraplate strike slip fault whose slip rate is much slower than interplate strike slip

faults, there is no comprehensive understanding for the development of the shear zone

23



under an intraplate strike slip fault. In this study, I construct a numerical model in a

two-dimensional space perpendicular to the fault to simulate the shear deformation of

the lower crust under the fault. The plastic deformation in the lower crust is controlled

by laboratory derived rheological laws. I test the model with different mechanisms to

investigate which mechanisms have the most significant impact on the formation of

localized deformation in the lower crust under the fault. This chapter is based on the

study of Zhang and Sagiya (2017).

2.1 Introduction

Interplate strike slip faults accommodate relative motions between tectonic plates. It

is believed that there are highly localized deformation zones in the lower crust be-

neath them. Evidence of the existence of the shear zones has been shown by various

observational, experimental and theoretical studies as well as geological observations

of exhumed mylonite zones. Because the viscosity of the crustal rocks follows an

Arrhenius relationship with temperature, thermal weakening caused by shear heating

has been considered as the most important mechanism for the development and the

maintenance of shear zones (e.g. Yuen et al., 1978; Fleitout and Froidevaux, 1980).

On the San Andreas fault, a broadly distributed heat flow anomaly has been observed

(Lachenbruch and Sass, 1980). The observations are consistent with the results of

thermo-mechanical model for interplate strike slip fault (e.g. Thatcher and England,

1998; Leloup et al., 1999; Takeuchi and Fialko, 2012). These models predict a tem-

perature increase of several hundreds degrees in the lower crust under the fault and
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produce an widely distributed heat flow anomaly on the surface. A large tempera-

ture increase in the lower crust results in a weak zone and lower seismic velocity in

the weak zone can be observed as a heterogeneous seismic velocity structure in the

seismic tomography data (Wittlinger et al., 1998). Furthermore, mylonite outcrops of

exhumed shear zones provide direct evidence for the existence of ductile shear zones

in the lower crust under interplate (Rutter, 1999; Little et al., 2002) and intraplate

(Shimada et al., 2004; Fusseis et al., 2006; Takahashi, 2015) strike slip faults.

Compared with interplate strike slip faults, intraplate strike slip faults have much

slower slip rates (Less than 10 mm/yr) and younger fault ages (Less than 3 Myrs

in Japanese islands Doke et al. (2012)). Nonetheless, similar to the interplate strike

slip fault, heterogeneous structures under intraplate strike slip fault has been observed

by seismic tomography (e.g. Nakajima and Hasegawa, 2007; Nakajima et al., 2010)

and magnetotelluric survey (e.g. Ogawa and Honkura, 2004; Yoshimura et al., 2009).

Because the spatial resolution of geophysical observations is insufficient to resolve

the structures of such ductile shear zones, understanding the mechanisms that lead

to shear strain concentration in the lower crust beneath an intraplate strike slip is an

important step in understanding the deformation of the crust.

In this study, I construct a series of numerical simulations on the deformation in the

lower crust below an active intraplate strike slip fault based on laboratory-derived rhe-

ological laws. I calculate the temperature change due to the shear as well as fault fric-

tional heating and also calculated the viscosity and deformation pattern of the lower

crust under an intraplate strike slip fault in a geological timescale. I consider three
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mechanisms of strain localization, i.e. thermal weakening, grain size reduction and

power law creep. The effect of water in wet rheologies is quantitatively evaluated with

water fugacity. I discuss the role of shear strain concentration mechanisms and bound-

ary conditions in the development and maintenance of the shear zone. I also compare

the shear zone under intraplate and interplate strike slip faults to identify controlling

factors for lower crustal shear localization under intraplate strike slip faults.

2.2 Model description

I simulated the deformation of the lower crust beneath an infinitely long strike slip

fault by applying a constant velocity boundary condition representing far field tec-

tonic loading and relative motion of two rigid blocks in the upper crust. I solved

the stress equilibrium equation and the heat flow equation for a thermo-mechanical

coupled model, and the deformation of the lower crustal material follows laboratory-

derived rheological laws.

2.2.1 Model Geometry

The model geometry is shown in Figure 3. I considered the problem in a 2-D plane

perpendicular to the fault trace. The model has three layers: a faulted rigid upper crust,

a ductile lower crust, and a semi-brittle layer between the upper and the lower crust.

In the upper crust, an infinitely long vertical creeping fault is assumed with the fault

strike parallel to the y-axis. The lower crust and the semi-brittle regime is deformed

by plastic flow. The upper boundary of the lower crust is assumed to correspond to the

brittle-ductile transition (BDT) and the boundary between the rigid upper crust and
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Table 1: Model configurations for the evaluation of shear strain concentration mecha-
nisms

Model Crustal rheology Fault type Grain size zb

W1C Wet anorthite Intraplate strike slip fault Constant 15 km
D1C Dry anorthite Intraplate strike slip fault Constant 25 km
W30C Wet anorthite Interplate strike slip fault Constant 15 km
W1E Wet anorthite Intraplate strike slip fault Equilibrium 15 km
D1E Dry anorthite Intraplate strike slip fault Equilibrium 25 km
W30E Wet anorthite Interplate strike slip fault Equilibrium 15 km

a Six model configurations were tested by this study. The rheological parame-
ters for anorthite are summarized in Table 2. The nomenclature of the model
configuration is as follows: The first letter denotes water content (D, dry; W,
wet), and the last letter denotes grain size (C: constant,L=500µm; E: equilibrium).
The number between two letters denotes the total relative velocity in mm/year.

the semi-brittle regime is zb. It depends on the assumption of crustal rheology (Table

1). In the semi-brittle layer from zb to the depth of BDT, both creep on the fault and

plastic deformation in the bulk of the crust are allowed. Considering the symmetry

of the vertical strike slip fault, our model region includes only one side of the fault

bounded by the surface and a vertical plane of the bilateral symmetry, which is taken

to be the center of the shear zone. The model domain is 35km thick in the vertical(z)

direction and the far field boundary is placed at 30 km away from the fault. The

Mohorovičić (Moho) discontinuity is represented by a horizontal boundary at depth

of 35 km.
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Figure 3: Geometry for model 1 (Zhang and Sagiya, 2017).

2.2.2 Rheology

In this study, the deformation of the lower crust is controlled by the experimental

rheological law described as follows (e.g. Bürgmann and Dresen, 2008).

ε̇ = Aτn
s L−m f r

H2O exp
(
−Q+ pV

RT

)
(2.1)

where ε̇ is the shear strain rate ,τs is the maximum shear stress given by the square root

of the second deviatoric stress invariant. L is the grain size. fH2O is water fugacity.

Q and V are the activation energy and the activation volume, respectively. R is the

universal gas constant. p is hydrostatic pressure, and A, n, m, r are material constants.

The rheological parameters are assumed according to the results from the experiments

of wet and dry anorthite (Rybacki et al., 2006). The laboratory-derived parameters

used in this study are summarized in Table 2.
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Regarding the deformation mechanisms of the lower crust, in this model, I con-

sidered both diffusion and dislocation creep. In the diffusion creep regime, the shear

strain rate is sensitive to the grain size (m = 3) and it is proportional to the shear stress

(n = 1). In the dislocation creep regime, the deformation is sensitive to the shear

stress (n = 3). Because the shear strain rate is proportional to the shear stress with a

power of n(n > 1), large shear strain rate change can be achieved with a small shear

stress change. For a given material, I assume that the same shear stress controls the

two deformation mechanisms (e.g. Gueydan et al., 2001; Montési and Hirth, 2003).

Under this assumption, the total strain rate ε̇total is given by the sum of diffusion ε̇diff

and dislocation ε̇disl shear strain rate.

ε̇total = ε̇diff + ε̇disl (2.2)

Thus, the effective viscosity can be defined as follows:

ηeff = τs/ε̇total. (2.3)

In the case when diffusion and dislocation creep occurs at a same rate, i.e.,

ε̇diff (T, p,τs,Le) = ε̇disl(T, p,τs) (2.4)

The expression for equilibrium grain size (EGS,Le),which is a function of temperature

(T ) and shear stress (τs), can be solved from Eqs. 2.1 and 2.4:

Le =

[
Adiff

Adislτ
ndisl−1
s

exp(
Qdisl +pVdisl −Qdiff −pVdiff

RT
)

] 1
mdiff (2.5)

The subscript diff and disl refer to the rheological parameters for diffusion and dis-

location creep, respectively, and their values are summarized in Table 2. The Le is a
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Table 2: Rheological Properties of Rocks From Laboratory Measurements (Rybacki
et al., 2006).

Anorthite logA n Q m r V
[MPa−n− rµmms−1] [kJ/mol] [cm3/mol]

wet diff.1 -0.7 1 159 3 1 38
disl.1 0.2 3 345 0 1 38

dry diff.1 12.1 1 460 3 0 24
disl.1 12.7 3 641 0 0 24

1 where diff. denotes diffusion creep and disl. denotes dislocation creep.

function of shear stress and temperature. It is large when shear stress is small (Figurre

4) Under the thermal and stress conditions of the lower crust, a large variation in grain

size from few tens micrometers to few centimeters are expected with this assumption

(Figure 4). Under small grain size and/or stress condition, the rocks is deformed by

diffusion creep, the grain growth occurs through grain-boundary migration driven by

the reduction of total surface energy (e.g. Tullis and Yund, 1991; Dresen et al., 1996).

In contrast, under large grain size and/or stress conditions, the rock is deformed by

dislocation creep, dynamic recrystallization (e.g. Tullis and Yund, 1985; Urai et al.,

2013), which result in the grain size reduction, occurs through grain-boundary migra-

tion driven by the reduction of the energy stored by the defects of crystals. In the case

when reduced grain size is small enough for diffusion creep to occur, De Bresser et al.

(1998) postulated that, the grain size adjust itself until equation 2.4 is fulfilled. In this

study, the evolution of grain size is based on the experimental results of De Bresser

et al. (1998). For comparison, I also test a constant grain size (CGS,Lc), which is

assumed to be 500 µm.
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Figure 4: Contours of equilibrium grain size (Le) as a function of temperature (T ) and
stress (τs), assuming wet anorthite rheology (Zhang and Sagiya, 2017).
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The water fugacity is quantitatively evaluated in the cases with wet rheologies (r =

1). The weakening effect of water at different temperature (T ) and pressure (p) is

calculated using the following equation (Karato, 2008):

log
f (p,T )

p
=

1
RT

lim
p0→0

∫ p

p0

(Vm(p′,T )−V id
m (p′,T ))d p′. (2.6)

where Vm and V id
m is molar volume of real gas and ideal gas, respectively. The real gas

is modeled by the van der Waals equation of state:

p =
RT

Vm −b
− a

V 2
m
. (2.7)

where a and b are the van der Waals constants of water (H2O), which have been set to

5.537×10−1m6 Pamol−2 and 3.049×10−5m3 mol−1, respectively. The molar volume

of the real gas can be solved from Eq. 2.7 and the analytical solution can be obtained

by approximating Vm as RT/p in the second term of Eq. 2.7:

Vm =
R3T 3

pR2T 2 +ap2 +b. (2.8)

Integrating Eq. 2.6 from p0 to p using equation of state for real gas (Eq. 2.8) and ideal

gas and let p0 = 0, one obtains the analytical expression for fugacity,

f (p,T ) =
pR2T 2

R2T 2 +ap
exp
(

bp
RT

)
. (2.9)

2.2.3 Initial and boundary conditions

In this model, I consider an infinitely long strike slip fault and there is no vertical

motion. The deformation of the lower crust is driven by the kinematic boundary con-

dition at the horizontal and far field boundaries. The applied horizontal velocity v0 is
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half of the total relative velocity. For intraplate and interplate cases, v0 is assumed to

be 0.5 and 15 mm/year, respectively. The constant velocity is applied on the vertical

boundary at the far-field from the depth of zb to the depth of Moho at 35 km, and at

the horizontal boundary between the upper crust and the semi-brittle layer at depth of

zb. On the fault plane with the brittle fracture regime, I assume the fault strength on

the basis of Byerlee’s law (Byerlee, 1978):

τ f =

0.85σn (σn < 200[MPa])

50+0.6σn (200[MPa]< σn < 1700[MPa])
(2.10)

where τ f is the frictional strength and σn is the normal stress. On the vertical plane

of bilateral symmetry in the semi-brittle layer, I apply shear strain rate as boundary

condition (Figure 5b). It is given by

ε̇yx ≡
∂v
∂x

=
2τyx

ηeff
=

2τ f

ηeff
(2.11)

where τyx is the shear stress of plastic deformation which is assumed to be equal to

the fault frictional strength (τ f ). In the semi-brittle layer, the slip rate on the fault

(Figure 5a) is calculated by the integral of horizontal shear strain rate (ε̇yx) over the

entire domain. At depths greater than the bottom of the semi-brittle layer (BDT),

the stress of plastic deformation is smaller than the strength given by Byerlee’s law,

therefore, the deformation is fully plastic and the velocity on the vertical plane of

bilateral symmetry is zero. At the crust/mantle boundary, the boundary condition is

∂v/∂ z = 0.

For the thermal condition, the temperature of the Earth’s surface is fixed to 0 ◦C

and it increases with depth. At the beginning, I assume a constant geothermal gradient
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Figure 5: (a Fault slip velocity (v) and (b) shear stress on the bilateral symmetry line
in the lower crust for model W1E. τs is the second deviatoric stress invariant; τyx and
τyz are the yx and yz components of shear stress, respectively; and the straight broken
line is based on Byerlee’s law. The gray broken lines indicates the bottom of the
BDTZ (Zhang and Sagiya, 2017).
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Table 3: Thermal and mechanical parameters

Parameter name abbr. Value Unit
Thermal Parameters
Thermal Conductivity k 2.60 WK−1 m−1

Heat Capacity Cp 1130 Jkg−1 K−1

Geothermal Gradient
dT
dz

25 Kkm−1

Mechanical Parameters
Slip rate v0 0.5 or 15 mmyr−1

Crustal rock density ρ 2800 kgm−3

of 25 K/km (Table 3). On the vertical boundaries and the Moho, I assume zero and a

constant heat flux (0.065 W/m2, Turcotte and Schubert (2014)), respectively.

2.2.4 Thermo-mechanical coupling model

Temperature of the crust changes with time due to shear and frictional heating. In our

model, all mechanical energy is dissipated as heat. It is represented by a source term

in the heat flow equation:

ρCp
∂T
∂ t

= k
(

∂ 2T
∂x2 +

∂ 2T
∂ z2

)
+Hs +H f , (2.12)

where ρ is the density, Cp is specific heat capacity at constant pressure, k is the thermal

conductivity and T is the temperature. The change in temperature is a result of the

thermal diffusion and volumetric heat generated by shear heating (Hs = τi jε̇i j) and

frictional heating (H f ). I assume that heat generated by friction conduct to the grid

closest to the fault (Leloup et al., 1999):

H f = τ f
v0

∆x
, (2.13)
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where ∆x is the width along the x-axis of the considered unit cell. The magnitude of

the source terms on the right hand side of heat equation represents the intensity of the

heat sources which depends on the grid size. Because the amount of heat generated

from the heat sources is independent of the grid size, the chosen grid size has almost

no influence on the time dependent solutions of the temperature distributions as the

generated heat is spread out in the entire crust. The heat flow equation is solved in the

entire modeling area, which is a 2-D space perpendicular to the fault (gray-colored

area in Fig 3). In each time step, I assumed that viscous shear strain rate is constant

in time, and it is solved from the stress equilibrium equation. Because the motion

is purely horizontal, the only non-zero stress components are τyx (the shear stress on

vertical planes parallel to the fault plane) and τyz (the shear stress on horizontal planes

perpendicular to the fault plane):

∂τyx

∂x
+

∂τyz

∂ z
= 0. (2.14)

2.2.5 Calculation method

The calculations in this study were preformed in MATLAB. The stress equilibrium

equation (Eq.2.14) is solved by Partial Differential Equation Toolbox using finite ele-

ment method. The finite element mesh consists of two element layers, each composed

of 256 elements in both depth (z) and fault-perpendicular (x) direction, for a total of

131072 triangular elements. The node spacing is uniform in both x and z directions.

The heat flow equation is solved using Alternating Direction Implicit finite difference

method (Buzbee et al., 1970). The heat flow equation (Eq.2.12) is solved on a grid
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containing 700 × 600 (420,000) cells, each of which is 50m in both of its width and

height directions. The calculated temperature is interpolated to the nodes of finite el-

ement mesh for the calculation of effective viscosity. I also test the model with a finer

grid with a half grid size. Although the solution gets more accurate compared with

the one with a coarser grid used in this study, the test results shows that the overall

pattern of solution is insensitive to the chosen grid size. The time step is controlled

by the maximum heat production rate. That is, the higher the heat production rate

is, the smaller the time step gets (e.g. Thatcher and England, 1998). I calculated the

temperature evolution during 3 Myrs because the initiation age of active faulting in

the inland area of Japan are mostly less than 3 Myrs (Doke et al., 2012).

2.3 Results

In this section, I first present the calculation results of shear stress, grain size distri-

bution obtained by applying a 1-D linear geothermal gradient. I discuss the effect of

different model assumptions on the deformation of the lower crust. Next, I show the

temperature anomaly produced by shear and frictional heating. Finally, I show the

effective viscosity structures obtained from all 6 cases in this study.

2.3.1 Shear stress distribution

Figure 6 shows distribution of the horizontal (a,τyx) and the vertical (b,τyz) shear stress

in the lower crust for case W1E. The gray broken lines in these figures indicates depth

of BDT. As shown in Figure 5, above the bottom of the BDTZ in the semi-brittle

layer, the horizontal shear stress is no larger than few hundreds of MPa because the
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Figure 6: Contours of the horizontal (a,τyx) and the vertical (b,τyz) shear stress in the
lower crust as a function of depth and distance from the fault for model W1E. The
gray broken lines indicates the bottom of the BDTZ (Zhang and Sagiya, 2017).
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shear stress τyx is limited by the fault strength. On the other hand, the vertical shear

stress component (τyz) is larger than 700 MPa around x = 0,z = zb which results in a

very large maximum shear stress there. The deformation in the semi-brittle layer right

below the rigid upper crust is significantly influenced by the rigid upper crust though

the imposed boundary conditions. This part behaves like rigid body because of its

large effective viscosity (> 1025 Pas) due to a low temperature. Because the elasticity

is not considered in this model, all relative motions need to be accommodated as

plastic flow, which results in such a large shear stress. As shown in Figure 5, τyz

rapidly decreases with the depth. At the depths greater than the depth of BDT, τyz

becomes negligible compared with τyx. Therefore, in the lower crust, the distribution

of the shear stress is considered to be a result of far-field loading. In the following

section, I focus our discussion to the lower crust below the depth of BDT.

Figure 7 shows the distribution of the shear stress in the lower crust for all the 6

cases (Table 1). In the lower crust, the shear stress decreases with depth and distance

from the fault. The concentration of shear stress around the down-dip extension of

the fault is a common feature that results from the assumption of a creeping strike slip

fault in the upper crust. The magnitude of shear stress in the bulk of the lower crust

depends on the model assumptions such as the rheology and boundary conditions.

Compared with the wet anorthite cases (Figure 7a,d), the depth of the bottom of the

BDTZ in the dry anorthite case is about 8 km deeper. The dry anorthite requires a

higher temperature to achieve an effective viscosity that allows plastic deformation to

occur with a relatively small shear stress less than few hundreds MPa. According to
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Figure 7: Contours of shear stress (τs) in the lower crust as a function of depth and
distance from the fault for models (a) W1E, (b) D1E, (c) W30E,(f) W1C,(e) D1C, and
(f) W30C. The thickness of the lower crust and the depth of the bottom of the BDTZ
are dependent on the assumed rheology and far-field velocity (v0). The gray broken
lines indicate the bottom of the BDTZ (Zhang and Sagiya, 2017).
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the depth of BDT, the zb for dry anorthite was set at a depth of 25 km. In the interplate

cases (Figure 7c,f), even though the slip rate is 30 times faster than the intraplate

cases, the shear stress is only slightly larger, and the depth of the bottom of the BDTZ

is only about 2 km deeper than its intraplate counterpart. These results indicate that

the magnitude of the shear stress and the depth of the bottom of the BDTZ is not

sensitive to the fault slip rate.

2.3.2 Grain size distribution

I have calculated the grain size Le using Eq. 2.5. As examples, Figure 8 shows the

distribution of Le obtained in cases W1E and D1E with the initial temperature field.

Fine grains are located in the region where deformation is localized because both Le

and shear strain rate depend on the temperature and shear stress (see Eq. 2.5 and

Figure. 8). In our models, the grains are finest at the depth of the bottom of the BDTZ

where shear stress becomes the largest in the lower crust. In cases W1E and D1E, the

minimum grain size is ∼ 215 µm and ∼ 17 µm where the temperature is ∼ 475 ◦C

and ∼ 700 ◦C, respectively. Our results of Le agree with the grain size measurements

to show that the plagioclase grains in ultramylonites have a mean diameter of 16 µm

(Okudaira et al., 2015) and 85 µm (Okudaira et al., 2017) under the condition of

∼700 ◦C and ∼600 ◦C, respectively. Although the calculation results are generally

in agreement with geological observations, the comparison between calculation and

observation is not straightforward because the calculated grain size can vary with the

physical conditions and model assumptions. For example, in the shear zone, the shear

stress could be smaller than the calculation due to the weaker fault shear strength (Iio,

41



1997). Even though the physical conditions, such as temperature and stress, are similar

to the real condition, the dynamically recrystallized grain size may be still larger than

the calculated Le (De Bresser et al., 2001).

Field observations of naturally deformed rocks show that relatively coarse-grained

(up to few centimeters) rocks are widely exposed over wide area outside of the shear

zone (e.g. Markl, 1998). Generally, our calculation of Le provides a fairly reasonable

grain size distribution. However, in the far field, due to the low temperature and shear

stress, unrealistic grain size larger than several centimeters appears. This may be as-

cribed to our assumption of grain size following the model of De Bresser et al. (1998).

In this model, I did not consider the time for grain growth and physical mechanisms

that limit the grain size, such as the Zener pining effect (e.g. Hillert, 1988; Rohrer,

2010).

2.3.3 Temperature increase

Figure 9 shows the temperature increase during 3 Myrs after the initiation of shearing

and fault sliding. In the cases of W1E and W30E with wet anorthite , the maximum

temperature increases are about 15 and 219 ◦C, respectively. Due to the higher slip

rate, heat generation in the interplate cases is more intensive compared to the intraplate

cases. Because the fictional heating on the fault is very concentrated, the temperature

rise in the crust is largely affected by frictional heating. On the surface, heat flow has

a peak due to the fault friction. For interplate case W30E, the peak heat flow anomaly

at the surface is elevated as much as ∼ 55 mW/m2 than the background value of 65

mW/m2 (Figure 10). On the contrary, for intraplate cases, the heat flow anomaly is

42



Figure 8: Contours of equilibrium grain size distribution as a function of depth and
distance from the fault, calculated from case W1E (a) and D1E (b). The gray broken
lines indicate the depth of the bottom of the BDTZ (Zhang and Sagiya, 2017).
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Figure 9: Temperature anomaly produced by shear and frictional heating versus depth
and distance from the fault for models (a) W1E,(b) D1E and (c) W30E after 3 Myr
of fault sliding. × shows the location of maximum temperature increase; numbers
indicate the magnitude of maximum temperature increase (Zhang and Sagiya, 2017).

very small, less than 5 % of the background value. Therefore, I cannot expect to detect

a heat flow anomaly around intraplate strike slip faults (Tanaka et al., 2004).

To illustrate how rock rheology affects the heat generation rate, I also preform the

same calculation using the rheological parameters of dry anorthite. Figure 9b shows

the temperature increase for case D1E. The maximum temperature increase is about

22 ◦C which is higher than the case W1E. However, it is still insufficient to cause an

observable heat flow anomaly at the surface.

2.3.4 Effective viscosity structure

Figure 11 shows the effective viscosity structure, which strongly depends on assump-

tions applied for calculation. For intraplate and interplate cases, the effective viscosity

are ∼ 1022.5 Pas (Figure 11a,d) and ∼ 1021 Pas (Figure 11c,f) at the BDT, respec-

tively. Because of the higher shear stress and shear strain rate, interplate cases have

lower effective viscosity compared to the intraplate cases.

The effective viscosity of dislocation creep is very sensitive to the shear stress. The

viscosity becomes extremely high when the shear stress is small. In the cases assuming
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Figure 10: Surface heat flow for simulation of interplate (Dotted line) and in-
traplate(Solid line) strike slip fault, Sharp peak on top of the fault is created by fault
frictional heating (Zhang and Sagiya, 2017).
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EGS, the effective viscosity in the region with relatively small shear stress is signifi-

cantly larger than that in the shear zone under the fault where stress is concentrated.

This is because the same effective viscosity of dislocation and diffusion creep. In the

region with relatively low temperature and small shear stress, the effective viscosity

exceeds ∼ 1025 Pas and materials behave like a rigid body.

On the other hand, in the cases assuming CGS, diffusion creep yields a smaller ef-

fective viscosity compared to the dislocation creep when shear stress is small. There-

fore, the diffusion creep becomes a dominant mechanism in the far field. Because of

the 1-D linear geothermal gradient, the effective viscosity in the far field has a layered

structure. In the shear zone where stress is large, dislocation creep is dominate. The

broken lines in Figure 11d-f indicate the location in which dislocation creep and diffu-

sion creep with a constant grain size of 500 µm contribute equally to the deformation.

On the left side of the broken lines, dislocation creep gives lower viscosity compared

to the diffusion creep. Therefore, the deformation in the shear zone is dominated by

dislocation creep.

The effect of water on the effective viscosity is shown by the comparison between

the cases with wet and dry anorthite rheology. In the lower crust, the viscosity gets

significantly smaller by the presence of water, which enables the plastic deformation

at the depth between 20 to 25 km, whereas in the previous study of interplate strike

slip fault (e.g. Takeuchi and Fialko, 2012, 2013; Moore and Parsons, 2015), due to the

tremendous amount of heat generation, the temperature in the shear zone increases for

a few hundreds of degrees. As a result, the effective viscosity in the center of the shear
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Figure 11: Effective viscosities versus depth and distance from fault for equilibrium
grain size(a∼c) and constant grain size(d∼f). Broken line in d∼f indicates the location
where diffusion and dislocation creep has same shear strain rate (Zhang and Sagiya,
2017).
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zone was similar in the case of wet and dry rheology. However, this is not same for

in the intraplate cases, because heat produced by shear heating and frictional heating

is too small and the temperature change is too small to change the effective viscosity

structure.

2.4 Discussion

In this section, I discuss the relative importance of candidate mechanisms for the for-

mation and maintenance of the lower crustal shear zone under an intraplate strike slip

fault.

2.4.1 Comparison with thermo-mechanical model in previous stud-
ies

For interplate strike slip faults, such as the San Andreas Fault, discussed in previ-

ous studies (e.g. Lachenbruch and Sass, 1980; Leloup et al., 1999), shear, as well as

frictional heating has been considered as a main cause of the formation of the lower

crustal shear zone. To evaluate the effect of shear heating and friction heating, I com-

pared the shear strain rate obtained from a temperature field at 3 Myr (solid contour

in Figure 12) and that obtained from an initial temperature field (broken contour in

Figure 12). In the interplate case W30E, there is a significant temperature increase

around the fault tip at the depth of ∼ 12 km (Figure 9c). The temperature increase in

our model is consistent with the results of recent models of interplate strike slip fault

(e.g. Takeuchi and Fialko, 2012; Moore and Parsons, 2015). Due to the increased

temperature field, the effective viscosity gets significantly lowered after few millions
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Figure 12: Shear strain rate changed by increased temperature for (a)W1E and
(b)W30E, broken contour lines shows the shear strain rate with temperature field of
1-D geothermal gradient and solid contour lines shows the shear strain rate with tem-
perature field from a 3Myr simulation (Zhang and Sagiya, 2017).

years. Compared to the shear deformation with 1-D linear geothermal gradient, the

shear deformation is more concentrated and the depth of the bottom of the BDTZ gets

shallower (Figure 12) with the temperature field at 3 Myr. This indicates that the de-

formation and the depth of the bottom of the BDTZ for an active interplate strike slip

fault is time dependent.

On the contrary, for the intraplate case (Figure 12a), the change of shear strain rate

during a time period of 3 Myrs negligible because the temperature increases minimal

compared to the original temperature (∼ 15 ◦C / 400 ◦C). Therefore, for intraplate

cases, shear and frictional heating effect on the thermal structure is negligible. I can

conclude that the main cause of the formation of shear zone under intraplate strike slip

faults is not the heating.

The absence of water in the crust can result in an increase of the heat generation
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rate by shear heating and frictional heating. In the previous studies (e.g. Takeuchi and

Fialko, 2012; Moore and Parsons, 2015), the temperature increases ∼ 200 ◦C higher

in the cases with dry rheologies than the cases with wet rheologies. In our study,

heat generation rate is insensitive to the rock rheology because the shear stress and

shear strain rate mainly depend on the boundary conditions of fault strength and far

field velocity. Instead, the depth of the bottom of the BDTZ for the dry anorthite case

becomes ∼ 8 km deeper, which is equivalent to a temperature increase of ∼ 200 ◦C,

compared with the cases of wet anorthite.

2.4.2 Possible shear strain concentration mechanisms for shear
zone under intraplate strike slip fault

In this model, the degree of shear strain concentration depends on the assumption of

rheology. Compared to the case of Newtonian fluid (Figure 13c), deformation is more

concentrated in the cases assuming a power law fluid (Figure 13a,b). In the shear

zone, the shear strain rates for the cases W1E and W1C have similar distributions,

which indicate that the assumption of grain size dose not affect the deformation in the

shear zone. Therefore, I can conclude that, among the mechanisms considered in this

study, weakening due to power law rheology is the most important mechanism for the

formation of the shear zone in the lower crust.

In the fine-grained rocks, other mechanisms, such as grain boundary sliding (Boul-

lier and Gueguen, 1975; White, 1979), could occur to further reduce the strength of

materials and enhance shear strain localization. In the cases assuming EGS, only a

small portion of the shear zone is composed of materials with such kind of small grain
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Figure 13: Shear strain rate for (a)W1E, (b)W1C (c)linear (d)D1E and (e)D1C. The
grain size of linear case is a constant of 215 µm, minimum grain size in model W1E
(Zhang and Sagiya, 2017).

size. Because the weakening effect of the grain size reduction dose not have a sig-

nificant impact on the overall pattern of the plastic deformation in the lower crust,

shear localization mechanisms other than grain size reduction is not considered in this

study. Once a shear zone is formed in the lower crust, the grain size of the mate-

rial in the shear zone gets smaller than its surroundings. The strength heterogeneity

due to small grain size will remain over a geological time scale (∼ 108 years) due to

the slow growth rate (Tullis and Yund, 1982). Mylonites found in an exhumed fault

zone provide the evidence for the long-lived weak zones beneath intraplate strike slip

faults. Because the mylonites are commonly observed in the earth’s crust, lower plas-

tic strength and strain localization in the lower crust, are common features for many
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active faults.

In the far field, shear strain rate is larger in the case of CGS compared to that in the

case of EGS. Despite differences in the far field, deformations in the localized shear

zone are almost the same because the shear strain rate in the far field is much smaller

than that in the shear zone.

2.4.3 Implication to the deformation of the lower crust

According to the model of De Bresser et al. (1998), the evolution rate of grain size

toward EGS depends on the shear strain rate. However, EGS in our calculation was

assumed to be achieved instantaneously in this study, which may be an oversimpli-

fication and may not be realistic. Therefore, the calculated EGS can be considered

as a result of long-term steady state deformation. Our results demonstrate that, strain

localization can occur in the lower crust and the corresponding grain size distribution

can be created no matter how slow the relative motion is across an intraplate strike slip

fault. The model also predicts that rocks far away from a strike slip fault to behave

like a rigid body. Studies of post-seismic deformation after the 1992 Landers and 1999

Hector Mine earthquakes indicates that viscoelastic deformation in the lower crust was

not significant (Pollitz, 2001; Freed et al., 2007). Our results of the effective viscosity

structures of the cases assuming EGS are in good agreement with such observations,

because in those cases, the plastic deformation is limited in the narrow shear zone

under the strike slip fault.

For interplate strike slip faults, a kinematic model with a buried dislocation in an

elastic half-space has been proposed by Savage and Burford (1973). This model can
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be utilized to explain the geodetically observed interseismic deformation across the

fault. A case study of the Atotsugawa fault (e.g. Ohzono et al., 2011) shows that

elastic dislocation model can be also applied to intraplate strike slip faults and can give

a reasonable estimate of the fault locking depth. The model in this study demonstrates

that the localized deformation is possible even under an intraplate strike slip fault with

a very low slip rate. This provides a physical basis for applicability of the Savage and

Burford (1973) model to intraplate strike slip faults.

2.5 Conclusions

In this study, I have considered the formation and maintenance of the localized defor-

mation under an intraplate strike slip fault. Models that incorporate laboratory-derived

temperature-dependent power law rheology, grain size, and shear and frictional heat-

ing are examined to understand the mechanism and boundary conditions that influ-

ences the deformation of the lower crust. Water is very important to reduce the tem-

perature requirement for plastic deformation in the lower crust, as for wet anorthite,

deformation is fully plastic at temperature of ∼ 475 ◦C, whereas for dry anorthite is ∼

700 ◦C. The temperature anomaly owing to 3 Myr of heat generation on an intraplate

strike slip fault is negligibly small. In our model, dynamically recrystallized materials

with small grain sizes are important for maintaining a shear zone on a geological time

scale of ∼ 108 years. The degree of shear strain is controlled by the weakening effect

due to nonlinear relation between shear strain rate and stress (power law rheology)

which is the most important mechanism in the development of the shear zone in the
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lower crust.
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Chapter 3

Evolution of intraplate strike
slip fault and the shear zone
under the fault

In this chapter, I introduce a new mechanical model consider earthquake cycles in

the upper crust by assuming the entire crust is composed of a viscoelastic material. I

investigate how repeating earthquakes affect the shear zone development in the lower

crust under the fault and how localized deformation in the lower crust change the fault

behavior. This chapter is based on the study of Zhang and Sagiya (2018).

3.1 Introduction

It is widely accepted that a continental crust comprises an elastic upper crust overly-

ing a ductile lower crust. The upper crust deforms in a elastic manner accompanied

by earthquakes, while aseismic ductile flow occurs in the lower crust (e.g. Sibson,

1982; Kohlstedt et al., 1995). The upper and the lower crust deform in a different

manner, which complicates the problem of crustal deformation. As I have shown in
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Chapter 2, with a creeping fault in the upper crust, localized deformation appears in

the lower crust. The degree of shear strain localization can further increases by shear

strain mechanisms such as the power law rheology, grain size reduction and thermal

weakening. Among these mechanisms, power law rheology is the most important

mechanism that influence the deformation of the lower crust.

In this model, the upper crust is assumed to be two rigid blocks separated by a

creeping fault to accommodate the relative motion. The lower crust is deformed by

constant loading from the upper crust and the far field boundary. As a result, a local-

ized deformation with high shear strain rate can be obtained in the lower crust under

fault. In the geological time scale, the shear strain rate of the localized deformation

can be increased by the heat generated in the lower crustal shear zone. Because of the

imposed boundary condition between the upper crust and the plastic lower crust, the

stress accumulation process and the evolution of the fault was not modeled properly.

As the stress takes time to propagates in the material with nonlinear (power law) rhe-

ology (Melosh, 1976), it is important to understand the interaction between the upper

crust and the lower crust and the process of shear zone formation in the lower crust.

Previous studies using a thermal-mechanical model to simulate the lower crustal

deformation under the San Andreas fault (SAF) showed that steady state temperature

and deformation under the fault can be reached in a few million years (Thatcher and

England, 1998; Leloup et al., 1999; Takeuchi and Fialko, 2012), which is significantly

shorter than the history of SAF that has been active over tens of millions of years

(Atwater, 1970). In the recent few millions of years, estimation from global plate
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motion model NUVEL-1A (DeMets et al., 1994) showed that the slip rate of SAF is

stable (DeMets and Dixon, 1999), and is consistent with the geodetically observed slip

rate (Bourne et al., 1998). For these reasons, the evolution of the stress and strain over

multiple earthquake cycles were not considered in these thermal mechanical models.

On the other hand, the history of intraplate strike slip faults in the Japan island are

much shorter compared to interplate strike slip fault (e.g. Doke et al., 2012). The geo-

logical estimation of slip rate on the intraplate strike slip fault are often slower than the

geodetic estimations (e.g. Ohzono et al., 2011; Herbert et al., 2014). Gourmelen et al.

(2011) interpreted this discrepancy as an evidence for the acceleration of an evolving

strike slip fault. However, the mechanisms for such kind of fault slip acceleration are

not clear.

For an immature intraplate strike slip fault, the degree of the shear strain concentra-

tion in the shear zone under the fault may be smaller compared to a mature interplate

strike slip fault and the physical conditions and mechanical properties of the crust

around the intraplate strike slip fault such as the shear stress and the temperature may

change significantly in the geological time scales. Therefore, it is important to un-

derstand the evolution of physical quantities, such as the distribution of shear stress,

effective viscosity, shear strain rate and shear strain, in the entire crust across the fault

over geological time scales.

In this study, I construct a new mechanical model for intraplate strike slip defor-

mation and earthquake cycle (Model 2). In this model, I consider deformation of a

crust-upper mantle system. In order to understand the evolution of the shear stress
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in the entire crust, the elastic deformation has been considered in the upper crust, I

assume the entire model is composed of nonlinear Maxwell material whose plastic

deformation is controlled by a power law rheology (Eq. 2.1). In the shallow part of

the crust where temperature is low, the effective viscosity becomes extremely large

and the Maxwell viscoelastic material behaves elastically. In the deeper part of the

crust, where temperature is high, the effective viscosity becomes low enough for plas-

tic deformation to occur. During the interseismic period, the lower crust behaves

viscoelastically.

I calculate time variation of the shear stress, effective viscosity, shear strain rate and

shear strain distribution and the fault behavior. I also show how distributions of these

physical quantities are influenced by the model configurations such as the assumptions

of rock rheologies and boundary velocities. Finally, I discuss how geodetic, geological

and geophysical observations affect by a developing shear zone in the lower crust.

3.2 Model description

3.2.1 Model geometry

I consider deformation of the crust and mantle across a vertical strike slip fault as

shown in Figure 14. I simulate earthquake cycles for a 2-D antiplane problem of an

infinitely long strike slip fault. Because of the symmetric feature of the problem, only

one side of the fault is considered. The model domain is 65 km (vertical, z coordinate)

thick and 50 km wide (fault normal, x coordinate) rectangular regime, which is com-

posed of a 35 km thick crust and a 30 km thick upper mantle. A horizontal boundary
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Figure 14: Geometry for model 2. Mohorovičić discontinuity (Moho) is a horizontal
boundary at the depth of 35 km (Zhang and Sagiya, 2018).

at depth of 35 km represents the Moho discontinuity.

3.2.2 Temperature structure

The temperature structure used in this model is shown in Figure 15, which is consid-

ering the radioactive heat production in the crust (Sclater et al., 1980).

T (z) =


Qrz
k1

+
D2A0

k1

(
1− exp

(
− z

D

))
(z ≤ h)

T (h)+
z−h

k2
Qr (z > h) ,

(3.1)

where h is the depth of the Moho, k1 and k2 are the thermal conductivity of the crust

and the upper mantle, respectively. Qr is the heat flow at the base of the crust, D is

degree of upward migration of the radiologic elements and A0 is the heat production

at the surface which is given by

A0 = (Q0 −Qr)/D (3.2)
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Figure 15: Temperature structure used in model 1 (broken line) and model 2 (Solid
blue line). Geothermal gradient near Earth’s surface are same in the model 1 and
model 2. By considering the upward migration of the radiologic elements, in model
2, the temperature is lower in the deeper part of the crust compared to model 1.

where Q0 (65 mWm−2) is the heat flow on the ground surface (Turcotte and Schubert,

2014). Near the surface, the geothermal gradient is assumed to be 25 Kkm−1. The

thermal conductivity of the crust (k1) can be calculated from Fourier’s law of heat

conduction i.e. k1 =
Q0

dT/dz
= 2.6 WK−1m−1. k2 is assumed to be 2.5 WK−1m−1. D

can be solved from equations 3.1 and 3.2 with a fixed temperature boundary condition

at the bottom of the model at 65 km, which is assumed to be 1150 ◦C.

In this study, The effect of the shear and frictional heating is not considered in both
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Table 4: Rheological properties of rocks from laboratory measurements

Rock Type logA n Q m r V Ref.
[MPa−n− rµmms−1] [kJ/mol] [cm3/mol]

Wet Quartz disl.a -4.9 3 242 0 1 0 Rutter and Brodie (2004)
Wet Anorthite disl.a 0.2 3 345 0 1 38 Rybacki et al. (2006)
Wet Olivine disl.a 3.2 3.5 520 0 1 22 Hirth and Kohlstedt (2013)

a disl. denotes dislocation creep. b density of quartz, anorthite and Olivine are 2660, 2760,
3214 kgm−3,respectively.

intraplate and interplate cases. In the case of intraplate strike slip fault with a very slow

slip rate, as I have discussed in Chapter 2, the heat generation has almost no influence

on the intraplate deformation. On the other hand, in the case of an interplate strike

slip fault, there is a considerable amount of heat generation, which affects the degree

of shear localization in the lower crust. However, the time for the fault evolution in

this study is less than ∼ 1 million years. This duration is too short for dissipated

heat to have a notable influence on the deformation around the fault. Therefore, the

temperature structure is fixed in this study.

3.2.3 Rheologies

The entire model region is composed of nonlinear Maxwell viscoelastic medium,

whose constitutive equation is described as follows:

ε̇T = ε̇v + ε̇e =
τ

ηeff
+

1
G

dτ
dt

(3.3)

The total shear strain rate (ε̇T ) of the medium is represented as a sum of elastic shear

strain rate (ε̇e) and viscous strain rate (ε̇v). G is the elastic shear modulus, which is

assumed to be 30 GPa for both the crust and the upper mantle. The effective viscosity
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(ηeff ) is calculated from shear stress (τ) using the constitutive law of plastic flow (Eq.

2.1). The calculation method for the water fugacity is same as that in Chapter 2.

The crust is assumed to be composed of wet quartz (Rutter and Brodie, 2004) or

wet anorthite (Rybacki et al., 2006) and the upper mantle is assumed to be composed

of wet olivine (Hirth and Kohlstedt, 2013). As shown in Chapter 2, the plastic de-

formation in the lower crust is mainly controlled by grain size insensitive dislocation

creep. Thus, in this study, I only consider the dislocation creep. The laboratory-

derived parameters of experimental flow laws for dislocation creep are found in Table

4. Furthermore, I also test a case of stress independent linear rheology with a temper-

ature dependent viscosity structure for comparison. Due to the lower temperature in

this model compared to a constant geothermal gradient of 25 K/km in model 1 (Fig-

ure 15), plastic deformation dose not occur even in the deepest part of the crust if I

assume dry rheologies. Therefore, the dry rheologies is not considered in this model.

3.2.4 Earthquake cycle model

Figure 16: The algorithm for calculation of the earthquake cycle, both interseismic
and coseismic stress change is solved using stress equilibrium equation (eq. 2.14)
(Zhang and Sagiya, 2018).

The numerical simulations of this study starts from a stress-free initial condition

and the lithostatic stress field σn = ρgz is applied for the entire model, where ρ is the
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density of the rock which can be found in Table 4, g is the gravitational acceleration

and z is the depth. The far field velocity v0 at the vertical boundary 50 km away from

the fault is assumed to be 0.5 mm/yr and 15 mm/yr for the case of an intraplate and

an interplate strike slip fault, respectively. On the ground surface and the bottom of

the model (65 km), the traction free condition, i.e., τyz = 0, is applied. Shear stress

in the bulk of the crust and the upper mantle evolves due to the far field loading. The

shear stress on the fault is used to judge the occurrence of an earthquake (Figure 16).

Frictional fault strength is described as follows

τ f = µ f σn +C f (3.4)

where µ f is the coefficient of internal friction, which is assumed to be 0.2 and 0.6 in

the case of a weak and a strong fault, respectively (Table 5). The frictional cohesive

strength (C f ) is assumed to be 5 MPa.

During the interseismic period, stress change due to the far field loading is cal-

culated for each time step to satisfy the stress equilibrium. In this calculation, the

fault is locked, and no incremental displacement occurs at x = 0 km. The interseismic

strain rate is assumed to be constant during each time step, and the elastic (viscous)

strain change is calculated as a product of the elastic (viscous) shear strain rate and

the elapsed time.

τ t0+∆t
i j = τ t0

i j +G

(
ε̇ t0

i j −
τ t0

i j

ηeff

)
∆t. (3.5)

which is the summation of the shear stress at t0 (τ t0
i j ) and change of the shear stress.

∆t is the adaptive time step, which is determined by the minimum effective viscosity

of the entire model (ηmin
eff ) as ∆t = 0.1ηmin

eff /G. The effective viscosity and the viscous
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Table 5: Model configurations for the fault evolution process

Model Crustal Rheology fault frictional
coefficient

Boundary veloc-
ity (mm/yr)

Q1W Wet Quartz 0.2 1
A1W Wet Anorthite 0.2 1
Q1S Wet Quartz 0.6 1
A1S Wet Anorthite 0.6 1

Q30W Wet Quartz 0.2 30
Q30S Wet Quartz 0.6 30
Linear Prescribed viscosity structure 0.2 1

a Seven model configurations were tested by this study. The nomenclature of the model con-
figuration is as follows: The first letter denotes rheological model (A, Anorthite; Q, Quartz).
The rheological parameters for Anorthite and Quartz are summarized in Table 4. The last let-
ter denotes fault strength (W, Weak; S, Strong). The number between two letters denotes the
total relative velocity in mm/year.

shear strain rate calculated from stress at t0 using Eq. 2.1. Total shear strain rate (ε̇ t0
i j )

can be solved from the stress equilibrium equation (Eq. 2.14). The shear stress in the

bulk of the crust and the mantle at the next time step (τ t0+∆t
i j ) is calculated from the

accumulated elastic strain (second term in the right hand side of Eq. 3.5).

On the fault, the shear stress increases until the Coulomb failure criterion (Eq. 3.4)

is satisfied. In the coseismic period, a static stress drop is applied on the fault while

the deep extension of the fault is locked. For all other boundaries, the traction free

conditions, i.e., τyz = 0 for the horizontal boundaries and τyx = 0 for the far field

boundary are applied. During the coseismic period, the entire crust and upper mantle

behaves elastically, and the relationship between the change of the stress and the strain

is linear.

∆τi j = G∆εe
i j. (3.6)
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Change of the elastic shear strain (∆εe
i j) are also solved from the stress equilibrium

equation (Eq. 2.14). The stress boundary condition for the calculation of the stress

change in the bulk of the crust and the upper mantle is given by the difference be-

tween stress on the fault in the previous step and the residual fault surface traction

(black dotted line in Figure 17). After the brittle fracture in the elastic upper crust,

stress concentration occurs near the crack tip (the deepest point of the rupture). As

shown in Figure 17 (orange line), concentrated shear stress below the crack tip is sig-

nificantly larger than the fault strength. Such kind of shear stress concentration should

not exist near the fault tip after an earthquake. Therefore, I apply an iterative method

to eliminate the stress concentration near the crack tip. The dark blue line is the stress

on the fault before the first iteration. In each iteration, the stress drop boundary condi-

tion on the fault plane is determined by the shear stress on the fault after the previous

iteration. The stress on the fault after each iteration is shown by other solid lines.

The stress drop and the fault slip in each iteration become smaller. Iteration continues

until the increment of the fault slip on the surface is less than 10−4 m. As a result of

the iterations, the fault tip depth increases after each earthquake. In our simulations,

several iterations are required for each earthquake. These iterations of the coseismic

deformation are considered as an instantaneous process.

After several earthquake cycles, the rupture of an earthquake extends over the entire

elastic upper crust. Starting from a stress free condition, I calculate the evolution of

stress distribution until the appearance of a regular earthquake cycle, in which stress

distribution dose not evolve over each earthquake cycle any more. The brittle-ductile
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Figure 17: Stress concentration at the crack tip can be eliminated by several iterations.
Time does not proceed in these iterations. The dark blue line is the stress on the fault
before the first earthquake. Other solid lines are the shear stress on the fault after each
iteration (Zhang and Sagiya, 2018).
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transition zone (BDTZ) is a region on the fault where deformation mode gradually

changes from fault slip to bulk deformation in the crust (Kohlstedt et al., 1995). Based

on the definition of BDTZ, the depth of the BDTZ can be quantitatively estimated

from the calculated coseismic offsets on the fault after the regular earthquake cycle

started, which is almost a constant in the elastic upper crust. In this study, I tentatively

define the boundary between BDTZ and the elastic upper crust at the depth where the

modeled coseismic slip is 90 % of its maximum value at the surface. The boundary

between BDTZ and the plastic lower crust is located at the depth where the coseismic

slip becomes zero.

In this study, several different model configurations were considered. They are

summarized in Table 5. The cases with a power law rheology are named in the fol-

lowing manner. The first letter indicates the rock type of the crust (A: Anorthite, Q:

Quartz) and the second letter indicates the fault strength (W:µ f = 0.2, S:µ f = 0.6).

The one or two digit number between two letters indicates the total relative velocity

in the far field (2v0) in mm/year. In addition, the case with linear Maxwell material is

also considered for comparison. In the following sections, I refer to each case by the

name shown in Table 5.

3.3 Results

In this section, I first present the spatiotemporal evolution of shear stress, effective

viscosity, shear strain and shear strain rate around a strike slip fault. These results are

snapshots at the end of the interseismic period in earthquake cycles. Next, I show how
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the fault behavior changes in time by showing results on the fault plane including the

stress accumulation rate averaged over different cycles, the shear stress distribution at

the end of the interseismic period and the coseismic slip. Although, there are 7 differ-

ent cases (Table 5), only Q1W is used to demonstrate the evolution process because all

other cases are somehow similar. However, because the distributions of shear stress,

viscous shear strain rate and effective viscosity depend on model configurations, I

show the results for all 7 cases and compare them.

3.3.1 Shear stress evolution

Figure 18: Shear stress τyx evolution in the model of Q1W, each figure is plotted right
before an earthquake, the number of earthquake cycle is shown in each figure and the
elapsed time is shown on the top of each figure (Zhang and Sagiya, 2018).
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The shear stress evolution of the model Q1W is shown in Figure 18. At the begin-

ning when the entire model is unstressed, the stressing rate in the crust and the upper

mantle are constant due to the constant far field boundary velocity. Because the effec-

tive viscosity is inversely proportional to the shear stress with a power of n−1(n = 3),

at the begining when shear stress is very low (Figure 18a), the entire crust and upper

mantle behave elastically. In the elastic upper crust, the shear stress increases at a

constant rate of ∼ 300 Pa/year until the fault cohesive strength (5 MPa) is reached.

In the lower crust where temperature is higher, stressing rate decreases to zero as the

dominating deformation mode changes from elastic to plastic. As earthquakes repeat,

the degree of stress localization around fault tip increases after each earthquake. Fig-

ure 18b shows the shear stress distribution before the 10th earthquake at ∼ 0.15 Myr.

The shear stress near the fault tip at the depth of 15km is ∼ 70 MPa, which is ∼ 20

MPa higher than the stress in the bulk of the crust far away from the fault. As I showed

in Figure 17, the fault tip depth increases after each earthquake. At ∼ 0.21 Myr after

the 15th earthquake (Figure 18c), the fault tip reaches the BDTZ. After that, the shear

stress variation over earthquake cycles becomes smaller. From ∼ 0.21 Myr to ∼ 0.27

Myr, the maximum value of the shear stress increases by 4.7 MPa (Figure 18d). It

is much smaller than the increase of the maximum value of shear stress from ∼ 0.15

Myr to ∼ 0.21 Myr, which is 24.4 MPa. The shear stress eventually stops evolving

around 0.40 Myr and a regular recurrence of earthquake starts (Figure 18e and 18f).

In the bulk of the crust and the upper mantle, the shear stress gradually evolves

with time until it reaches ∼ 70 MPa after the regular recurrence starts. In the far field,
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the shear stress is almost uniform and reaches ∼ 70 MPa near the ground surface.

Such kind of large shear stress is unrealistic because the rock strength in the shallower

part of Earth’s crust is small compared to the calculated shear stress (e.g. Hallbauer

et al., 1973; Barton, 2013). This results from our assumptions of the constant far field

velocity and elastically deforming upper crust. In our model the upper crust behaves

elastically because of the extremely high effective viscosity in the low temperature

environment. In reality, however, plastic deformation occurs in the shallower part of

the crust when shear strength of the rock is reached. This problem will be further

addressed in Chapter 4.1.

3.3.2 Evolution of effective viscosity

The evolution of effective viscosity in case Q1W is shown in Figure 19. The effective

viscosity decreases with the increase of the shear stress. Before the fault start to have

influence on the shear stress distribution in the lower crust and the upper mantle, the

effective viscosity has a layered structure due to the depth dependent temperature

(Figure 19a and 19b). At the depth shallower than 20 km, the effective viscosity

is larger than ∼ 1024 Pas. Because the relaxation time (tr = ηeff/G) for such high

effective viscosity material is longer than the total elapsed time in these simulation,

which is about 1 million years, the effective viscosity in the depth shallower than 20

km is almost unchanged by the process of shear stress concentration. At the depth

of 35 km, there is a large effective viscosity jump across the Moho. The effective

viscosity in the shallowest part of the upper mantle is 2-3 orders of magnitude larger

than that in the deepest part of the lower crust.
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Figure 19: The effective viscosity ηeff evolution in the model of Q1W, each figure is
plotted right before an earthquake, the number of earthquake cycle is shown in each
figure and the elapsed time is shown on the top of each figure (Zhang and Sagiya,
2018).
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As the fault tip gets closer to the lower crust, due to the stress concentration near

the fault tip, the effective viscosity there starts to drop. In case Q1W, the fault tip

depth increases until it reaches a depth of 20.4 km (Table 6). In the 10th earthquake

cycle, the effective viscosity at the depth of 20.4 km is ∼ 1023.2 Pas. In the process

of the shear stress concentration, the effective viscosity near the fault tip decreases by

about a factor of 10. Meanwhile, in the far filed at the depth between ∼ 20 km and

30 km, the effective viscosity increases by about a factor of 10 due to the reduced

shear stress. Thus, at same depth, an effective viscosity contrast of a factor of up to ∼

100 develops in the lower crust. In the deepest part of the lower crust, due to the basal

drag from the upper mantle layer, the vertical component of shear stress (τyz) increases

and the effective viscosity decreases. Generally, in the lower crust under the fault, the

effective viscosity becomes smaller toward the deeper extension of the fault and in the

far field. And in the far field, the depth dependence of the effective viscosity remain

unchanged. After the regular recurrence starts, the viscosity structure does not change

after each earthquake cycle. The effective viscosity structure at 0.4 Myr (Figure 19e)

is identical to that at 0.5 Myr (Figure 19f).

3.3.3 Evolution of the plastic deformation rate

The deformation of the lower crust and the upper mantle is dominated by plastic de-

formation due to their lower effective viscosity. Figure 20 shows the evolution of the

plastic deformation (ε̇yx component) in the case of Q1W. Before the fault tip reaches

the lower crust, the deformation of the lower crust and the upper mantle is dominated

by a laminar flow in which the viscous shear strain rate is about 10−16 s−1 (Figure
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19a and 19b). The concentration of deformation and the shear stress starts at the same

time at 0.2 Myr when the fault tip gets closer to the lower crust. Meanwhile, the shear

strain rate in the far field of the lower crust starts to decrease. Under the elastic upper

crust at the depth between 17 km and 20 km, there is a thin layer where the shear strain

rate dose not change from the 10th earthquake. Due to the extremely high effective

viscosity and long relaxation time, stress accumulated by the far field loading cannot

be relaxed in our calculation.

The degree of the strain concentration is significantly smaller in the upper mantle

compared with that in the lower crust. Due to the small effective viscosity in the

deepest part of the lower crust, there is a vertical decoupling between the crust and the

mantle. Therefore, the fault in the upper crust can significantly affect the lower crust,

but its effect is negligible in the upper mantle.

3.3.4 Evolution of shear strain

The cumulative shear strain from case Q1W is shown in Figure 21. In the upper crust

where elastic deformation plays a dominating role, the shear strain distribution shares

the same characteristics with the shear stress distribution due to the linear relationship

between shear strain and shear stress. In the lower crust, the distribution of shear strain

is a temporal integration of the viscous shear strain rate (Figure 20). Before the fault

reaches the BDTZ at 0.2 Myr (Figure 21b and 21c) , the shear strain is very small, and

the maximum shear strain near the fault tip does not exceed 10−2. After the regular

earthquake recurrence started, the shear strain starts to accumulate rapidly in the lower

crust under the fault due to shear strain localization. As a result, the distribution of
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Figure 20: The viscous shear strain rate ε̇yx evolution in the model of Q1W, each figure
is plotted right before an earthquake, the number of earthquake cycle is shown in each
figure and the elapsed time is shown on the top of each figure (Zhang and Sagiya,
2018).
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shear strain in the lower crust has a similar pattern as the distribution of shear strain

rate shown in Figure 20.

Figure 21: The cumulative shear strain εyx in the model of Q1W, each figure is plotted
right before an earthquake, the number of earthquake cycle is shown in each figure
and the elapsed time is shown on the top of each figure (Zhang and Sagiya, 2018).

Between the crust and the upper mantle, there is a clear discontinuity. This is

because there is almost no concentration of deformation in the upper mantle. On the

other hand, in the crust, there is no obvious boundary between the upper and the lower
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crust because the same material has been assumed for the entire crust and there is

a seamless transition occurs from elastic to plastic behavior in the BDTZ. In the far

field, the shear strain in the entire crust is almost uniformly distributed. At 0.5 Myr,

the shear strain in the far field reaches ∼ 2.5× 10−3, which is significantly smaller

than the maximum value in the center of the shear zone which is ∼ 1.4× 10−1. The

shear zone in the lower crust develops with time in the following few million years.

As the development continues, the shear strain accumulates and the localized shear

deformation is expected to be recognizable as a shear zone.

3.3.5 Evolution of the fault behavior

The fault behavior changes with the process of the tectonic stress evolution. I show

the behavior of the fault in different earthquake cycles by showing the evolution of the

averaged interseismic stressing rate (Figure 22a) and shear stress (Figure 22c) across

the fault surface and coseismic offsets distribution in an earthquake (Figure 22b).

Before the shear stress on the fault reaches the cohesion strength of 5 MPa, the

shear stress in the entire crust is very small. Due to the high effective viscosity of the

materials with low shear stress, the entire crust behaves elastically. The shear stress

accumulation rate in the lower crust is the same as that in the upper crust. In the first

interseismic period, shear stress accumulates from zero with a nearly constant rate of

300 Pa/yr due to the far field loading. After a few earthquake cycles, the shear stress

stops increasing in the plastic lower crust. As the shear stress in the elastic upper crust

increases, the crust with a higher strength in the deeper part of the elastic upper crust

starts to break. In the 10th earthquake cycle (green lines in Figure 22a), the earthquake
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Figure 22: Stress change rate averaged over an earthquake cycle (a), coseismic offset
(b) and shear stress on fault plane right before an earthquake (c). Lines with different
colors indicate the result from earthquakes at different time. The gray broken lines
indicate the depth of BDTZ (Zhang and Sagiya, 2018).
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breaks through a large portion of the elastic upper crust. Before the rupture reaches the

deeper part of the upper crust, the stressing rate in the upper crust is nearly a constant.

In the case of the 10th earthquake cycle, the stressing rate is larger than the initial

value by 20 to 40 Pa/yr. The increase of the stressing rate in the elastic upper crust is a

result of a basal drag from the plastic deformation of the lower crust. After the rupture

reaches the BDTZ, the stress starts to decrease in the shallower part of the lower crust

due to the stress relaxation during the interseismic period. As the fault tip gets closer

to the lower crust, the stress relaxation in the lower crust becomes stronger and the

basal drag becomes more intense after each earthquake. Due to the effect of the basal

drag, the averaged interseismic stressing rate significantly increases around the upper

boundary of the BDTZ. The stressing rate in the shallower part of the upper crust is

also affected by the basal drag, though the stress perturbation is smaller than that near

the upper boundary of BDTZ. After the regular recurrence starts, the maximum shear

stressing rate at the depth of ∼ 18 km is ∼ 3 kPa/yr, which is 6 times larger than that

on the surface (∼ 500 Pa/yr). The coseismic offsets on the ground are ∼ 0.76 m which

is roughly equal to the far field travel distance during the 1.54 kyr long interseismic

period. For other cases, the coseismic offsets and the length of the interseismic period

after the regular recurrence started are summarized in Table 6.

Because the fault is mainly loaded by the basal drag, the coseismic offsets are

almost constant in the elastic upper crust. In Figure 22, gray broken lines indicate the

upper and the lower boundaries of the BDTZ. In the case of Q1W, the depth of BDTZ

ranges from 17.6 km to 20.4 km. I estimate the depth of all the cases in this study.
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Table 6: Model properties after regular recurrence starts

Model Depth of
BDTZ [km]

Surface dis-
placement [m]

Recurrence
interval [Kyr]

Regular recurrence
start time [Myr]

Q1W 17.6–20.4 0.76 1.54 0.4
A1W 23.9–27.0 0.84 1.70 0.5
Q1S 15.5–18.0 0.67 1.39 1.0
A1S 21.6–24.5 0.77 1.59 1.4

Q30W 19.7–23.0 0.90 0.061 0.015
Q30S 17.6–20.4 0.78 0.053 0.038
Linear 18.7–23.9 1.23 2.52 0.8

The results, which are depend on the assumptions, are summarized in Table 6.

3.3.6 Effect of model configurations

In order to understand how the rock rheology, far field loading rate and fault strength

affect the evolution of the shear stress, deformation, and the effective viscosity struc-

ture, I consider 7 different cases, including one with linear Maxwell viscoelastic ma-

terials whose viscosity structure is predefined using the effective viscosity structure

shown in Figure 19b. Figure 23 and Figure 24 show the distribution of shear stress,

effective viscosity and viscous shear strain rate of intraplate and interplate cases, re-

spectively. These figures are plotted at the end of the interseismic period in an earth-

quake cycle after the regular recurrence has been reached. For each case, time to reach

regular recurrence is summarized in Table 6.

The first row of Figure 23 and the first column of Figure 24 show the distribution

of shear stress. In our model, the fault strength is the primary controlling factor on

the magnitude of the shear stress in the bulk of the crust and the upper mantle. The
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Figure 23: Shear stress(a-e), effective viscosity(f-j) and viscous shear strain rate(k-o)
distributions of intraplate cases after regular recurrence is reached. Figures are plotted
at the end of an interseismic period right before an earthquake. Each row shows the
results of a case and the name of the case is shown on the top of the row. White
broken lines indicate the location where viscous shear strain rate is not changed from
the shear strain rate of uniformly distributed simple shear which is about 3.17×10−16

s−1 in intraplate cases. The gray broken lines indicate the depth of BDTZ (Zhang and
Sagiya, 2018).
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fault strength depends on the depth and the fault’s frictional coefficient. In the cases

with a same rock rheology, the magnitude of shear stress in the cases with a fault fric-

tional coefficient of 0.6 are 3 times larger than that in the cases with a fault frictional

coefficient of 0.2.

In each case, the shear stress reaches its maximum at the depth of BDTZ. The

deeper the BDTZ, the larger the magnitude of shear stress in the BDTZ. In the cases

with a same fault frictional coefficient (Q1W and A1W, Q1S and A1S), the depth of

BDTZ varies with the assumption of rock rheology. Compared to the cases with wet

quartz, the depth of BDTZ is ∼ 6 km deeper in the cases with wet anorthite (Table 6).

As a result, the shear stress in the cases with wet quartz (Figure 23a and 23c) is smaller

than that in the cases with wet anorthite (Figure 23b and 23d). The far field boundary

velocity has a smaller effect to the depth of BDTZ compared to the rheology. In the

cases of intraplate cases, the depth of BDTZ is only ∼ 2 km shallower than that in

the interplate cases (Table 6). In the interplate cases, the slip rate is 30 times faster

than the intraplate cases, while the shear stress in the lower crust under fault is only

∼ 3 times larger than intraplate cases. In the nonlinear cases, because I assume a

power law rheology for the entire model, the viscous shear stress in the lower crust

is proportional to shear strain rate with a power of 1/n (n = 3). Therefore, the shear

stress is less sensitive to the shear strain rate.

The second row of Figure 23 and the second column of Figure 24 show the dis-

tribution of effective viscosity. Because the shear strain rate is proportional to the far

field velocity and the effective viscosity is proportional to the shear strain rate with a
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power of (1− n)/n(n = 3). Compared to the intraplate cases, 30 times faster shear

strain rate in interplate cases result in a ∼ 10 times smaller effective viscosity.

The third row of Figure 23 and the third column of Figure 24 shows the distribu-

tion of viscous shear strain rate. Unlike the shear stress, viscous shear strain rate in

the shear zone and the far field velocity have a positive linear relationship with each

other. The maximum value of the shear strain rate in the case of intraplate cases (Fig-

ure 23k-23o) and the interplate cases (Figure 24e and 24f) are ∼ 1.7×10−14 s−1 and

∼ 4.6×10−13 s−1, respectively. In the lower crust and the upper mantle, white broken

lines in Figures Figure 23k and 23o and Figure 24e and 24f indicate the location where

shear strain rate does not change from the beginning when deformation is dominated

by uniformly distributed simple shear. Deformation concentrates on the left-hand side

of the broken line closer to the fault tip. With a elevated shear strain rate, a shear zone

with a localized high shear strain develops under the fault. At any depth, the distance

of the fault plane to the broken line indicates the degree of the shear strain concentra-

tion. The smaller the distance is, the higher the degree of shear strain concentration

becomes. Thus the white broken line enables us to compare the width of the shear

zone in different cases. The shear zone width increases with depth and it is not influ-

enced by the far-field velocity as the location of white broken lines is similar to each

other in the cases assuming wet quartz rheology (Figure 23k, 23m,24e and 24f).

The assumption of rock rheology has a significant influence on the width of the

shear zone. In the deepest part of the lower crust near Moho, the width of the shear

zone in the cases of wet anorthite (Figure 23i, 23n) is narrower than the cases of wet
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Figure 24: Shear stress(a and b), effective viscosity(c and d) and viscous shear strain
rate(e and f) distributions of interplate cases after regular recurrence is reached. Fig-
ures are plotted at the end of an interseismic period right before an earthquake. Each
column shows the result of a case and name of the case is shown at the end of the
column. White broken lines indicate the location where viscous shear strain rate is
not changed from the shear strain rate of uniformly distributed simple shear which is
about 9.51×10−15 s−1 in interplate cases. The gray broken lines indicate the depth of
BDTZ (Zhang and Sagiya, 2018).
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quartz. In the upper mantle, the deformation is also more concentrated in the cases

of wet anorthite compared to the cases of wet quartz. This is because of the larger

effective viscosity in the deepest part of the lower crust and the deeper BDTZ in the

cases of wet anorthite compared to the cases of wet quartz.

The results of the linear case are shown in the last column of Figure 23. The

effective viscosity structure of the linear case is fixed using the result at the end of the

10th interseismic period of model Q1W(Figure 19j). Because of the reduced effective

viscosity in the nonlinear case of Q1W, the depth of the bottom of the BDTZ is ∼ 2.5

km shallower than the linear case. In the lower crust, because the stress concentration

is a result of repeating earthquake in the upper crust, the linear and the nonlinear cases

have similar degree of stress concentration. On the other hand, the width of shear zone

in the linear case is larger than the nonlinear cases. For example, at depth of 25 km,

the width of shear zone in nonlinear case Q1W is 6.0 km, which is shorter than 9.2

km in the linear case. These results show that the deformation is less concentrated

in the linear case (Figure 23o) compared to the nonlinear case Q1W (Figure 23k).

Compared to the linear case, much smaller shear stress is required for nonlinear cases

to achieve the same magnitude of shear strain rate . After the regular recurrence starts,

the maximum value of the shear strain rate in the linear case is ∼ 6.1× 10−15 s−1,

which is only about one-third of the nonlinear case Q1W.
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3.4 Discussion

3.4.1 Stage of the fault evolution

In the simulation of this study, before the start of regular earthquake cycle, two distinct

stages can be defined from the results of the fault evolution. Figure 25 shows the time

evolution of the maximum coseismic offsets in each earthquake (a), the recurrence

interval (b) and fault tip depth (c) for model Q1W. The first stage is the stress build-

up stage, which starts from the beginning and ends at the time when the fault rupture

reaches the upper boundary of the BDTZ. In this stage, the shear stress builds up in the

upper crust, and the coseismic offset on the surface increases with the fault tip depth.

The second stage is the shear localization stage, which starts right after the first stage

and continues until a regular cycle is reached. In this stage, deformation is gradually

localized under the fault in the lower crust.

In the first few earthquakes, the fault tip depth increases by ∼ 1.4 km in each earth-

quakes. The slip distance on the ground surface is small and the recurrence intervals of

earthquakes are as long as ∼ 16 kyrs. As the stress builds up on the fault, the rupture

extends to the deeper part of the upper crust and the surface rupture increases to its

maximum value of 4.4m at the end of the first stage. In the stress build-up stage from

∼ 0.2 Myr to ∼ 0.4 Myr, the maximum coseismic offset in each earthquake gradually

decreases to 1.54 m. Regular earthquake starts after 0.4 Myr. After that, earthquakes

with a coseismic offset of 1.54 m occur every 1.54 kyrs.

In our model, the far field loading and fault cohesive strength is assumed to be a
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Figure 25: Time evolution of coseismic offset on the surface in each earthquakes (a),
recurrence interval (b) and (c) fault tip depth for model Q1W. Each rhombus dots in
(a) represents an earthquake (Zhang and Sagiya, 2018).
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constant. However, as a result of the loading from localized deformation in the lower

crust, the recurrence interval changes in the process of fault evolution. As shown in

Figure 25b, recurrence interval decreases from the beginning to the end of the shear

localization stage, which indicates the growing influence of the localized lower crust

deformation. With continuous loading in the far field, the fault is expected to become

recognizable as an active fault because the cumulative offset increases with time as

moderate earthquake with a ∼ 1.5 m total offset repeats every 1500 years.

In the nonlinear cases of our model, the durations of the two evolution stages are

roughly equal to each other. The recurrence intervals after the regular earthquake cycle

starts are about one-tenth of the recurrence interval at the beginning of the simulation.

On the other hand, in the linear case, the shear strain rate linearly depends on the shear

stress, which results in a smaller increment of the shear strain rate after each earth-

quake compared to the case of Q1W, as a result, the time duration of shear localization

stage is ∼ 0.6 Myrs, which is three times longer than its nonlinear counterpart case

Q1W. Time to reach regular recurrence for all the cases considered in this study are

summarized in Table 6.

3.4.2 Development of a ductile shear zone development

Our results show that the development of a ductile shear zone in the lower crust is

directly related to the cumulative offsets on the surface (Figure 26a and Figure 27a),

which suggests that heterogeneous structures are expected to be more obvious under a

strike slip fault with a larger cumulative offset. Zhu (2000) showed that Moho offsets

under the San Andreas fault (SAF) in southern California are more obvious compared
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to that under the eastern California shear zone (ECSZ). For other major continental

strike slip faults, such as the Alpine fault in New Zealand, the North Anatolian Fault

in Turkey and the Altyn Tagh Fault in Tibet, geophysical observations showed hetero-

geneous seismic velocity structures under these faults, which suggest that fault related

shear zones do exist (e.g. Stern et al., 2013; Elvira et al., 2017; Wittlinger et al., 1998).

The cumulative offsets of these faults range from several tens of kilometers to several

hundreds of kilometers (Stirling et al., 1996; Cowgill et al., 2003), which are long

enough to have a developed shear zone in the lower crust.

Slip rates of the intraplate strike slip faults are much slower than interplate strike

slip faults, which means that intraplate strike slip faults need a much longer time

to develop shear zones beneath them. Due to the small accumulated shear strain, for

most intraplate strike slip fault, plastic shear zones many not be visible by geophysical

observations. Shear localization, on the other hand, starts at an early stage when the

maximum value of accumulated shear strain is less than 0.01 (Figure 27). In the case

of A1W, it takes ∼ 0.7 Myrs to start localized deformation in the lower crust which is

the latest among all 4 nonlinear cases with 0.5 mm/year boundary velocity.

For a recognizable strike slip fault with a large offset more than few hundred me-

ters, shear deformation is likely to be localized under the fault and the surrounding

lower crust is likely to behave in a quasi-rigid manner. Therefore, for most of known

intraplate active strike slip faults, the screw dislocation model in an elastic half space

(Savage and Burford, 1973) can be used to interpret the observed deformation around

the faults and yields reasonable estimates of the fault locking depth (e.g. Ohzono et al.,
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Figure 26: Cumulative fault slip (a) and Geological slip rate (b) from the case of Q1W
(Zhang and Sagiya, 2018).
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Figure 27: Shear strain(a) and Shear strain rate(b) and under the fault in the lower
crust, example taken from case Q1W (Zhang and Sagiya, 2018).
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2011). The mechanical model in this study provides a physical base for the validity of

the screw dislocation model. On the other hand, for strike slip fault in their develop-

ing stages, because there is no localized deformation under the fault, the simple screw

dislocation model may not work properly.

3.4.3 Implication to the discrepancy between Geodetic and Geo-
logical fault slip rate

For a mature fault with a large offset and stable long term slip rate, such as the San

Andreas Fault (SAF), the slip rates estimated by geodetic observations are in general

agreement with those estimated by geological observations (e.g. Bourne et al., 1998).

On the other hand, the discrepancy between geodetic and geological slip rate can

be found in many intraplate strike slip faults (e.g. Meade and Hager, 2005; Oskin

et al., 2008; Ohzono et al., 2011). Possible explanations such as a shallow slip deficit

(Fialko et al., 2005), off-fault deformations (Herbert et al., 2014) and time-dependent

interseismic velocity (Meade et al., 2013) have contributed to our understanding of

the discrepancy between geodetic and geologic fault slip rates.

In the study of Herbert et al. (2014), the contribution of the off-fault plastic de-

formation on the deformation across the fault zone has been estimated in the eastern

California shear zone (ECSZ) using mechanical models. The model results showed

that ∼ 40 % of the total relative motion has been accommodated by the off-fault plas-

tic deformation. By considering the off-fault plastic deformation, ∼ 60 % – 70 %

of discrepancy between geodetic and geological fault slip rate in the ECSZ can be

explained. On the scale of a single fault, the shallow slip deficit may affect the obser-
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vation results of geological slip rate. In the study of Fialko et al. (2005), the shallow

slip deficit model postulates that coseismic slip in the shallower part of the upper

crust (0–4 km) is less than that in the depth of seismogenic layer (4–10 km). In the

shallower part of the upper crust where plastic strength is relatively low, the plastic

deformation may accommodate most of the relative motion across the fault. A large

discrepancy between geodetic and geological fault slip rate can result from an under-

estimated geological slip rate. During the interseismic period, due to the viscoelastic

relaxation in the lower crust and upper mantle, the geodetically observed velocities

are time dependent (e.g. DeVries and Meade, 2013). The geodetically observed short-

term (years and decades) velocity may be different from the velocity averaged over

geological time scales. Such kind of difference can also contribute to the discrepancy

between geodetic and geological fault slip rate (Meade et al., 2013).

In this model, I find an additional clue to understand the discrepancy between

geodetic and geologic fault slip rates. Figure 26a shows the cumulative surface off-

sets in case Q1W and the travel distance at the far-field boundary. Figure 26b shows

the modeled geological slip rate calculated on the fault. In Figure 26b, the solid line

shows the time differentiation of the cumulative offsets representing the instantaneous

slip rate at each moment and the broken line shows a long-term fault slip rate calcu-

lated by the cumulative fault offset from the beginning divided by the elapsed time.

This result shows that even in such a simplified model, the geological slip rate could be

underestimated because of the delayed accumulation of the fault offset corresponding

to the tectonic stress build-up. After a few millions of years of the constant tectonic
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loading, slip rate discrepancy due to the fault evolution becomes negligible and the

geological slip rate catches up with the geodetic slip rate.

If the measurement is conducted at a different depth, due to the increasing co-

seismic offsets toward the surface (Figure 22b) in the developing stage of the fault

evolution, the measured geological slip rate on the fault might be slower than the slip

rate shown in Figure 26b. Even in such a case, however, the geological slip rate will

catch up with the geodetic slip rate as the modeled coseismic slip is almost a constant

in the elastic upper crust after the regular recurrence is reached (Pink line in Figure

22b). On the other hand, at the depth of the BDTZ, the modeled coseismic offset is

smaller than that in the elastic upper crust because the surrounding plastic flow ac-

commodates significant relative motion. Therefore, slip rate in an eroded and exposed

BDTZ will be much smaller.

If there is a temporal change of the regional tectonic motion in the continental

crust, optimally oriented faults can be newly created or reactivated. But the fault offset

accumulation is delayed due to the creation of the tectonic stress field. Faults under

such a condition may demonstrate a significant discrepancy between their geodetic

and geologic slip rates. Such a delay effect is expected to be more common for slowly

moving intraplate faults.

3.4.4 Mechanical model comparison

Previous investigations of the deformation of the lower crust and the upper mantle

using mechanical models have shown that, in the lower crust, localized shear defor-

mation develops under the interplate (e.g. Thatcher and England, 1998; Takeuchi and
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Fialko, 2012; Moore and Parsons, 2015; Allison and Dunham, 2018) and intraplate

(e.g. Zhang and Sagiya, 2017) strike slip faults. With regard to the deformation in the

upper crust, some of these models considered the repeating earthquakes (e.g. Takeuchi

and Fialko, 2012; Erickson et al., 2017; Lambert and Barbot, 2016; Allison and Dun-

ham, 2018) and others assumed a creeping fault (e.g. Thatcher and England, 1998;

Moore and Parsons, 2015; Zhang and Sagiya, 2017). In spite of these different as-

sumptions, they share a common feature that there is a localized deformation in the

lower crust under the fault. It is because the long-term behavior of the upper crust

in all these earthquake cycle model is block-like after the regular earthquake recur-

rence starts and at least one shear concentration mechanism for the lower crust, such

as shear and frictional heating, power law rheology and grain size reduction, has been

incorporated. Our results show that, under a slowly deforming intraplate strike slip

fault in the lower crust, a few million years are necessary to develop a shear zone with

a high shear strain (> 1).

In the previous studies assuming nonlinear rheologies for the lower crust and up-

per mantle, regular cycle can be reached only after thousands of earthquake cycles

(e.g. Takeuchi and Fialko, 2012; Allison and Dunham, 2018). This spin-up process

corresponds to the tectonic stress build-up. Our simulation demonstrates that the fault

behavior is highly variable during the stress build-up process, which is controlled by

the model assumptions such as the far field velocities and the fault strength. Without

careful examination of the model assumptions, unexpected results, such as the nega-

tive shear strain rate in the lower crust (Takeuchi and Fialko, 2012), extremely large
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shear stress right below the strike slip fault (e.g. Moore and Parsons, 2015; Zhang and

Sagiya, 2017) appear in the simulation results. Several model assumptions may have

led to those unexpected results. For example, the thickness of the upper crust in the

model is often fixed according to the thickness of the seismogenic layer. This assump-

tion dose not cause any problems in models assuming linear rheology for the lower

crust as the viscosity is independent of the shear stress (e.g. Thatcher and England,

1998). However, in the models considering power law rheology, due to the relatively

low temperature in the shallower part of the lower crust, the effective viscosity there

becomes extremely large (> 1024 Pas). In thermo-mechanical models, in order to en-

able the viscous flow in the shallower part of the lower crust, a tremendous amount

of heat is generated in the shear zone to reduce the effective viscosity (e.g. Takeuchi

and Fialko, 2012; Moore and Parsons, 2015). This problem has been partially solved

in our model by calculating the depth of the bottom of the BDTZ according to the

assumed boundary conditions and rock rheologies. Through such a consideration, as

shown in Chapter 2, shear stress in the lower crust is less than few hundreds MPa

which is comparable to the fault strength in the BDTZ. On the other hand, in the

BDTZ where effective viscosity is larger than 1024 Pas, only plastic deformation is

allowed and the shear stress can exceed 1 GPa. In this study, the maximum value of

the shear stress does not exceed a few hundreds MPa (Figure 23) which is compara-

ble to the fault strength at depth. The mechanical model in this study demonstrates

that the depth of the BDTZ depends on model assumptions including the rock rheol-

ogy, fault strength and far field velocity. Therefore, it is not appropriate to impose an
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elastic/brittle upper crust layer for the simulation of crustal deformation.

3.5 Conclusions

I have developed a self-consistent earthquake cycle model for simulating the evolution

of an intraplate strike slip fault with nonlinear Maxwell rheology. I investigate the

stress build-up process in an initially stress-free crust-mantle system in the geological

timescale. At the beginning of stress build-up process, the stressing rate is constant

in the entire model. Due to the plastic flow, stressing rate become zero in the lower

crust and the upper mantle. As stress increases in the upper crust, the deeper part of

the upper crust with a higher strength can be broken by the earthquakes. As the fault

tip getting closer to the BDTZ, shear stress, as well as shear strain deformation, starts

to concentrate near the fault tip.

The depth of the BDTZ depends on the fault strength, rock rheology, and total

relative velocity in the far field. Before the fault tip reaches the BDTZ, there is no

concentrated deformation in the lower crust and the the earthquakes have very long

recurrence interval of ∼ 16 kyrs in the cases of 1 mm/yr total relative slip rate at 50

km away from the fault. The recurrence interval is influenced by the concentrated

shear stress deformation in the lower crust as the fault tip getting closer to the lower

crust. After the regular earthquake recurrence starts, the recurrence interval decreases

by an order of magnitude.

Under a slowly deforming intraplate strike slip fault, time to develop a shear zone

with large shear strain is much longer than the time for shear strain deformation to
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concentrates under the fault. Shear zone in the lower crust under an intraplate strike

slip fault may not be detectable with geological observations. Even without any geo-

physical evidence of shear zone under the intraplate strike slip fault, simple screw

dislocation model (Savage and Burford, 1973) can explain the geodetically observed

deformation across the fault. Our model provides the physical explanation of the va-

lidity of the screw dislocation model.
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Chapter 4

Discussions

In Chapter 2 and Chapter 3, I conduct a series of numerical simulations to understand

the evolution of the deformation in the lower crust under an infinitely long strike slip

fault. The results of the thermo-mechanical model in Chapter 2 shows that the power-

law rheology plays an important role in forming the shear zone in the lower crust under

a slowly deformed intraplate strike slip fault. In the mechanical earthquake cycle

model in Chapter 3, I find a relation between the deformation in the lower crust and

the strike slip faulting in the upper crust. The degree of the shear strain localization in

the lower crust increases with the cumulative offset of the fault in the upper crust. The

longer the cumulative offset, the higher the degree of the shear strain concentration.

The localized deformation exerts a drag force on the upper crust which increases the

stressing rate on the fault and results in a shorter recurrence interval of the earthquakes.

In this chapter, first, I discuss a few major problems in the mechanical model in

Chapter 3: In the upper crust of the model, the plastic deformation was not considered

and the calculated shear stress near the surface is larger than the typical cohesive

strength of rocks. Based on preliminary results of a model assuming a visco-elasto-
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plastic material, I discuss how plastic deformation in the upper crust affects the shear

stress accumulation process and the evolution of the crustal deformation. In the far

field boundary, a constant velocity has been assumed to represent tectonic loading.

However, in the plate interior far away from the plate boundary, the loading may

come from the mantle flow. By assuming a constant shear strain rate on the Moho, I

calculate the shear stress evolution in the crust. According to the calculation results, I

discuss a possibility of loading a crust by the mantle flow. The fault in this model is

assumed to be infinitely long and the influence of the fault ends was not considered.

Based on the previous studies, I discuss the influence of the fault ends and possible

solutions to the problems. Finally, based on calculation results of this study, I discuss

the implications for the intraplate strike slip earthquake activities.

4.1 Effect of off-fault plastic deformation on the evolu-
tion of intraplate strike slip fault

In the shallower part of the upper crust, the rocks can be deformed by irrecoverable

plastic deformation (Barton, 1976). On a scale of a single fault, field observations

showed that highly damaged rocks exist in the vicinity of the fault. The damaged zone

usually have a thickness less than few hundreds of meters (e.g. Childs et al., 2009;

Shelef and Oskin, 2010) and it is surrounded by the undeformed host rock (Chester

et al., 1993). In the earthquake cycle model of this study, the damage zone in the vicin-

ity of the strike slip faulting is approximated by a fault surface that has no thickness.

Because the shear stress and shear strain near the fault is released by the earthquakes,
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a small region with a width of a few kilometers next to the fault can be considered as

the undeformed host rock.

On a scale of a strike slip fault system, the tectonic loading can be shared by the

faults sub-parallel to the main fault (e.g. Meade and Hager, 2005). The off-fault plas-

tic deformation between those faults has been suggested by the mechanical model in

Herbert et al. (2014). In Chapter 3, I investigate the fault evolution with a mechanical

model composed of nonlinear visco-elastic material. In the upper crust, because the

off-fault plastic deformation is not considered in this model, the shear stress in the

bulk of the upper crust far away from the fault is ∼ 70 MPa and ∼ 210 MPa in the

case with weak and strong fault, respectively. Such a large shear stress is significantly

larger than the strength of the rocks at low confining pressures (e.g. Hallbauer et al.,

1973; Barton, 2013).

In this section, as a candidate mechanism to moderate the stress level in the upper

crust, I consider the off-fault plastic deformation in the upper crust. The assumptions

considered in this section is conjectural and I offer the preliminary calculation results

for the propose of the present discussion. Based on the time dependent calculation

results of the plastic deformation, I investigate how the strike slip faulting and the off-

fault plastic deformation interact with each other and I discuss how off-fault plastic

deformation influences the geological and geodetic observations on a strike slip fault

zone.
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Figure 28: Geometry for the model consider the plastic deformation in the upper crust

4.1.1 Model settings

In order to simulate the plastic deformation in the upper crust, I make several changes

on the mechanical model in Chapter 3. The model geometry is shown in Figure 28.

Since there is almost no shear strain concentration in the upper mantle in the earth-

quake cycle in the Chapter 3 (Figure 20), the deformation of the upper mantle is not

included in this study. At the depth of Moho, I apply a constant shear strain rate

boundary condition (ε̇yx = 0.01ppm/yr).

The rheology model for the entire crust is assumed to be visco-elasto-plastic rhe-

ology (e.g. Ranalli, 1995) with the total shear strain rate ε̇T including three different

components.

ε̇T = ε̇v + ε̇e + ε̇ p, (4.1)

where ε̇ p is the plastic shear strain rate, the viscous ε̇v and elastic ε̇e shear strain rate

follow the definition in previous chapters (Eq. 2.1 and 3.3). For the plastic deforma-

tion in the upper crust, I consider an elastic-perfectly plastic material. The increment
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of the plastic strain is defined as follows

∆ε p =

0 (τs < τyield)

∆τs/G (τs = τyield)
(4.2)

where τyield is the plastic yield strength for given rock. ∆τs is determined at each time

step of calculation to satisfy the plastic yielding condition: τs = τyield = µ f σn +Cp
f ,

where µ f is the coefficient of internal friction, σn is the lithostatic stress and Cp
f is

the cohesive strength of the crustal materials which is assumed to be larger than fault

frictional strength. When plastic yield strength is reached, the plastic strain increment

(∆ε p) is calculated in two steps. In the first step, the shear stress change in a time

step is calculated as it is for the model with visco-elastic material. In the second step,

the plastic shear strain increment is calcuated from ∆τs, which is the amount of shear

stress exceeds the plastic yield strength. I tested different cohesive strength including

10 MPa, 15 MPa and 20 MPa. These cases are respectively named Q1W_VEP_10,

Q1W_VEP_20 and Q1W_VEP_30.

4.1.2 Shear stress evolution process

The shear stress evolution of the case Q1W_VEP_10 is shown in Figure 29. At the

beginning before the first earthquake, there is no plastic deformation as the stress in

the entire model is smaller than the fault cohesive strength of 5 MPa. The shear stress

distribution shown in Figure 29a is similar to that in case Q1W (Figure 18a). As the

stress accumulates in the upper crust, the shear stress reaches the plastic yield strength

after a few earthquake cycles. In the region where plastic yield strength is reached, the

shear stress increases with depth. Figure 29b shows the shear stress before the 10th
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Figure 29: Shear stress τyx evolution in the model of Q1W_VEP_10, each figure is
plotted right before an earthquake, the number of earthquake cycle is shown in each
figure and the elapsed time is shown on the top of each figure.

earthquake. Shear stress gradually concentrates around the fault tip as earthquakes

repeat. After the fault tip reaches the BDTZ (Figure 29d), the shear stress in the lower

crust starts to localize under the fault. Unlike the cases assuming no plasticity in

the upper crust in Chapter 3, the shear stress concentration in the bulk of the upper

crust due to the basal drag of the lower crust is not obvious in the model considering

the plasticity in the upper crust because the concentrated shears stress　 in the upper

crust is larger in the model assuming no plasticity in the upper crust is larger than the

plastic strength. Because the shear stress concentration in the lower crust is a result of

earthquakes in the upper crust, the number of the earthquakes in each evolution stage

is similar to that of the viscoelastic model in Chapter 3. The regular earthquake cycle

is reached at the 100th earthquake (Figure 29e) at 926kyr and after that, the change of

the shear stress become negligible.
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4.1.3 Evolution of plastic deformation in the upper crust

Figure 30: Plastic shear strain (εyx) accumulated in an earthquake cycle in the model
with 10 MPa off-fault cohesive strength, the number of earthquake cycle and the
elapsed time is shown in each figure. The red arrows indicate the depth of the fault tip
and the white dot lines indicate the boundaries of the BDTZ

Figure 30 shows the plastic shear strain (εyx) accumulated during an interseismic

period in the case of Q1W_VEP_10. At the beginning, the shear stress is smaller

than the plastic strength, and the upper crust deforms as an elastic material. Near

the ground surface, the stress reaches the yield strength, in the 3rd earthquake cycle

(Figure 30a). The plastic strength of the deeper part of the upper crust can be reached

as the stress accumulates.

After the 25th earthquake cycle, the fault tip reaches the BDTZ (Figure 30c), and

plastic deformation occurs over the entire upper crust, except for a small region near

the fault.There is a narrow region near the fault where no plastic deformation occurs.

In this region, the shear stress never reaches the yield strength because earthquakes
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on the fault release the shear stress periodically. We can define the elastic-plastic

transition (EPT) between the elastic and plastic deformation regions. The distance of

the EPT from the fault changes with time until the reach of regular cycle. For a given

plastic strength, the width of the elastic deformation region depends on the value of

both the coseismic offsets and the fault tip depth. The larger the stress perturbation of

the earthquakes, the wider the elastic deformation zone is. As the fault tip gets closer

to the lower crust (e.g. Figure 30c-30e), concentrated plastic deformation occurs at a

distance of 3 km to 8 km from the fault. The maximum magnitude of plastic strain

accumulated in an interseismic period is ∼ 2 times larger than that in the far field

where plastic deformation is uniformly distributed.

In each earthquake cycle, plastic deformation concentration in the upper crust near

the EPT. In the earthquake cycle model composed of nonlinear Maxwell material,

shear stress concentrates at the depth above the BDTZ in the bulk upper crust (e.g.,

Figure 18e and 18f), which is a result of shear stress relaxation in the visco-elastic

lower crust during the interseismic period. Because the concentrated shear stress is

larger than the assumed plastic strength, in the model composed of visco-elasto-plastic

material, instead of the shear stress, the plastic deformation concentrates in the upper

crust.

Figure 31 shows the evolution of plastic deformation rate in an interseismic period

after the regular cycle is reached. Right before an earthquake, the shear stress in

the plastic deformation regime is uniformly distributed. During the coseismic period,

the entire crust behaves elastically. Due to the assumption of the constant plastic
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strength and the larger coseismic stress drop in region closer to the fault, right after an

earthquake, shear stress in the far field is higher than that in the near field. Because

of the stress drop, the shear stress in the entire upper crust becomes smaller than the

plastic strength. In the first 900 years of the interseismic period, the plastic strength

is not been reached and the entire upper crust behaves elastically, and 1000 years

after the last earthquake, the plastic deformation starts to occur in the far field (Figure

31a). As the loading continues, the plastic deformation propagates towards the fault

until it reaches the EPT. At the end of the interseismic period at 7 kyr, the plastic

deformation concentrates at the EPT. The maximum plastic shear strain rate (ε̇ p
yx) is

about 1.4× 10−15 s−1 which is about 3 times larger than the plastic shear strain rate

in the far field.

The concentrated deformation in the upper crust at the end of an interseismic is

unexpected. Here I present a possible explanation for the result. In the model in

Chapter 3, I have shown that the fault in the upper crust can be loaded by the basal drag

from a localized deformation in the lower crust under the fault during the interseismic

period (Figure 22a). The mechanical model of Kenner and Segall (2000) shows that

the relaxation of the lower crust alone can provide energy for earthquakes to occur

in the upper crust. During the interseismic period, the bulk of the upper crust is also

affect by the basal drag. As shown in the first row of Figure 23 and the first column

of Figure 24, the shear stress is higher at bottom of the elastic upper crust next to the

fault. However, in the cases considering the plastic deformation in the upper crust,

shear stress is limited by the plastic strength (Figure 29f). In this case, instead of the
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Figure 31: Evolution of the plastic shear strain rate (ε̇ p
yx) in an earthquake cycle in

the case of Q1W_VEP_10 after the regular cycle is reached, the elapsed time in an
interseismic period is shown in each figure.
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concentrated shear stress, the localized deformation appears near EPT in the upper

crust as a result of the basal drag from a localized deformation in the lower crust.

The concentrated deformation near EPT may represent the secondary fault parallel

to the main fault. In this study, the plastic strength is only a function of depth. How-

ever, in the real world, the shear strength of the crustal materials depends on various

properties, such as the roughness of the contact surface, types of fracture and types

of rock (e.g. Barton and Choubey, 1977; Barton, 2013). Triaxial compression test in

the study of Hallbauer et al. (1973) shows that the micro fractures in the rock devel-

ops under loading. With higher shear strain, more fractures develop in the rock and

the strength of rock becomes weaker. By considering the nonlinear relation between

shear strain and the strength of rock, the degree of the shear strain concentration in the

upper crust near EPT will be higher than the calculation results of this model. If the

degree of shear strain concentration is infinitely large, the new strike slip fault parallel

to the main fault can be developed. In the current model, the calculation is conducted

on a predefined finite element mesh. Because the mesh size in the off-fault area is ∼

200m, the development of a fault in the bulk of the crust cannot be calculated in such

a coarse mesh. A new finite element model with adaptive mesh refinement may solve

the problems associated with the development of a strike slip fault system.

4.1.4 Effect of the plastic strength on the off-fault plastic defor-
mation

Figure 32 shows the plastic strain ε p
yx of all 3 cases at 1.5 Myrs. In the shallow part

of the upper crust, plastic strain is larger compared to the that in the deeper part of
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the upper crust. Because the positive dependence of plastic strength on depth, plastic

deformation starts from the shallow part of the upper crust (Figure 30a- 30c). After the

regular cycle has been reached, the plastic strength in the deeper part of the upper crust

can be reached by the shear stress, the plastic deformation in an interseismic period

after the regular cycle started is uniformly distributed in the far field (Figure 30d and

30e). As a result, difference of plastic strain in the shallower and deeper part of the

upper crust becomes less obvious as plastic strain accumulates. Although the plastic

deformation concentration can be observed in each earthquake cycle, it is not obvious

in the distribution of plastic strain accumulated over multiple earthquake cycle. This is

because the localized plastic deformation in each earthquake occurs at the EPT where

accumulated plastic deformation is relatively small. In the case of Q1W_VEP_10,

Q1W_VEP_15 and Q1W_VEP_20, the maximum plastic strain are 0.013, 0.01 and

0.007, respectively. The total plastic strain is larger with smaller plastic strength.

Figure 32: Distribution of plastic strain in the case of Q1W_VEP_10 (a),
Q1W_VEP_15 (b) and Q1W_VEP_20 (c) at 1.5 Myrs. The white dot lines indicate
the boundaries of the BDTZ.

The width of the elastic deformation region and the thickness of the plastic defor-

mation also depend on the plastic strength. The results are summarized in Table 7.

In the case of Q1W_VEP_20, the width of elastic deformation region is more than 2
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Table 7: Model properties after regular recurrence starts

Model Q1W_VEP_10 Q1W_VEP_15 Q1W_VEP_20
Depth of BDTZ [km] 16.7–19.3 17.1–19.8 17.4–20.1
Surface displacement [m] 0.70 0.74 0.76
Recurrence interval [kyr] 7.00 3.55 1.54
Thickness of Plastic defor-
mation zone [km]

17.1 16.8 16.3

Width of elastic deformation
zone [km]

2.9 4.3 6.1

times larger than that in the case of Q1W_VEP_10. On the other hand, the thickness

of the plastic deformation zone in case Q1W_VEP_20 is only ∼ 0.8 km thinner than

case Q1W_VEP_10. Because the plastic strength is very sensitive to the depth, The

difference is small in the cases with different assumptions of cohesive strength.

4.1.5 Effect of off-fault plastic deformation on fault evolution and
recurrence interval

The evolution of the fault behavior in the case of Q1W_VEP_10 is shown in Figure 33.

In the first earthquake cycle, the shear stress is lower than the assumed plastic strength.

As a result, the model behavior is identical to the case Q1W. The stressing rate in the

first earthquake cycle, the coseismic offset of the first earthquake and the shear stress

on the fault before the first earthquake (Red lines in Figure 33) are identical to the

results in the case Q1W (Red lines in Figure 22). After reaching the plastic strength,

the stressing rate on the fault drop from 300 Pa/yr to 115 Pa/yr. After the regular

earthquake recurrence starts, due to the basal drag from the plastic deformation of

the lower crust, the shear stress accumulation rate in the upper crust is increased to
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Figure 33: Stress change rate averaged over an earthquake cycle (a), coseismic offset
(b) and shear stress on fault plane right before an earthquake. Lines with different
colors indicate the result from earthquakes at different time. The gray broken lines
indicate the depth of BDTZ.

714 Pa/yr which is significantly smaller than 3000 Pa/yr in the case of Q1W (Figure

22a). Overall, the stressing rate on the fault in the case of Q1W_VEP_10 is smaller

the that in the case of Q1W because considerable amount of stress is dissipated by

plastic deformation. As a result, the coseismic offsets of earthquake (Figure 33b) are

also smaller than that in the case of Q1W (Figure 22b). Figure 33c shows the stress

profile on the fault. It is almost identical to the results in Q1W because the stress

on the fault is limited by the same assumption of fault strength in case of Q1W and

Q1W_VEP_10.

In the simulation of the model with visco-elasto-plastic material, similar to the

model with viscoelastic material in the Chapter 3, before the start of regular earth-
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Figure 34: Time evolution of coseismic offset on the surface in each earthquakes
(a) and recurrence interval (b) for case Q1W_VEP_10 (Red rhombus dots and lines)
and Q1W (Blue rhombus dots and lines). Each rhombus dots in (a) represents an
earthquake.
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quake cycle, two stages can be defined from the coseismic offsets on the surface (Fig-

ure 34a). The stages are defined following the definition in the Chapter 3. In the case

of Q1W_VEP_10, the stress accumulation stage starts from the beginning and ends at

0.21 Myr and the shear localization stage starts after the stress accumulation stage and

ends at ∼ 1 Myr. The time duration of these development stages, especially for the

shear localization stage, in case of Q1W_VEP_10 are longer than the case of Q1W.

In the case of Q1W_VEP_10, the recurrence interval first increases from 16 kyr to 20

kyr and reduces to 7 kyr due to the basal drag from plastic deformation. Because the

fault tip depth increases in the upper crust and localized deformation in the lower crust

are earthquake related process, the fault offsets accumulated in each stage are similar

in the cases with the same fault strength. Because the recurrence interval is ∼ 4 times

longer in the case of Q1W_VEP_10 compared to the case of Q1W, the duration of

development stage in Q1W_VEP_10 is also 4 times longer than the case of Q1W. For

all 3 visco-elastic-plastic cases, the length of the interseismic period after the regular

recurrence started are summarized in Table 7.

4.1.6 Effect of off-fault plastic deformation on the geological slip
rate

As suggested in previous studies, the off-fault deformation contributes to the discrep-

ancy between geodetic and geological fault slip rates (e.g. Herbert et al., 2014). Fig-

ure 35 shows the cumulative fault slip of the model with visco-elasto-plastic material

compared with the model with viscoelastic material. Similar to the model with visco-

elastic material, the geological slip rate in the model with visco-elasto-plastic material
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Figure 35: Cumulative fault slip from the case of Q1W (Black line), Q1W_VEP_10
(Orange line), Q1W_VEP_15 (Blue line) and Q1W_VEP_20 (Red line).
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increase with time. Because the off-fault plasticity accommodates the relative motion

in the far field, the geological slip rate in the model with visco-elasto-plastic ma-

terial can never catch up with the far field velocity. In the case of Q1W_VEP_10,

Q1W_VEP_15 and Q1W_VEP_20, the maximum geological slip rate is 0.23 mm/yr,

0.40 mm/yr and 0.66 mm/yr, respectively. The maximum geological slip rate is very

sensitive to the off-fault plastic strength. The geological slip rate can be significantly

increased by a few MPa increment of the cohesive strength. In the case when off-

fault plastic strength is significantly larger than the fault strength, the difference of

the results between the visco-elastic earthquake cycle model and visco-elasto-plastic

earthquake cycle will become negligible.

In the model considering no plastic deformation, the discrepancy becomes very

small on a strike slip fault with a cumulative offset longer than few hundred meters.

On the contrary, in the model considering the plastic deformation in the upper crust,

the discrepancy of the geological and geodetic slip rate is a persistent feature. In the

intraplate strike slip fault zones whose cumulative offsets larger than few hundred

meters, the discrepancy between geodetic and geological fault slip rate is commonly

observed (e.g. Oskin et al., 2008; Ohzono et al., 2011). These observations suggest

that the off-fault plastic strength is only slightly stronger than the fault strength. In

a strike slip fault system, as suggested by Herbert et al. (2014), off-fault plastic de-

formation should be considered as an important mechanism to reconcile the observed

discrepancy between the geological and geodetic deformation.
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4.2 Can the mantle flow load the continental crust ?

In the previous chapters, I assumed that the continental crust is loaded by the far field

relative motion. As I have shown in Chapter 4.1, with plastic deformation in the upper

crust, the deformation due to the relative motion may be accommodated by the plastic

deformation. The efficiency of the stress transfer from the far field boundary is very

low in the case when off-fault plastic strength is only slightly larger than the strength

of the main fault. In the region far away from the continental crust, it is necessary to

consider whether or not the mantle flow alone can load the continental crust.

In this model, the model geometry is the same as the model in Chapter 4.1 (Figure

28). In this calculation, The boundary conditions are assumed as follows: as for the

far field boundary, I assume the stress free condition: ε̇e
yx = 0. At Moho, I assume a

constant shear strain rate: ε̇yx = 0.01ppm/yr.

Figure 36: Shear stress (a) τyx and (b) τyz in the crust after 20 kyrs of loading from
upper mantle. Wet quartz rheology (Table 4)is assumed in this calculation.

The calculation of shear stress starts from a stress free condition. Figure 36 shows

the distribution of shear stress τyx (a) and τyz (b) component in the crust at 20 kyr. The
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rock rheology in this calculation is assumed to be wet quartz (Table 4). The maximum

value of the shear stress τyx (Figure 36a) in the crust is ∼ 2 MPa and the shear stress

near the surface is about 1.5MPa. The shear stress τyx in the crust at depth shallower

than ∼ 25km increase as a result the plastic flow in the lower crust. Because the

velocity at the depth of Moho increases with distance of the fault, the shear stress τyz

increase with the depth and the distance from the fault. The maximum value of the

shear stress τyz is ∼ 1 MPa and it is almost zero near the surface. The shear stress

dose not increase after ∼ 20 kyrs because the elastic upper crust is decoupled from the

mantle flow. Figure 37 shows the distribution of the effective viscosity at 20 kyrs. In

the deepest part of the crust near Moho, the effective viscosity is less than ∼ 1021 Pas.

The material with such a small effective viscosity deforms plastically. As a result, the

elastic upper crust can not be effectively loaded by the mantle flow.

In order to load the crust effectively from the upper mantle, the effective viscosity

in the deeper part of the crust has to be large enough (> 1025 Pas) so that crustal rocks

deform elastically. This condition can be achieved by assuming the dry anorthite

rheology for the entire crust (Table 2). Figure 38 shows shear stress distribution at

440 kyr in the case of dry anorthite. In the case assuming dry anorthite, the maximum

shear stress is ∼ 100 times larger than that in the case assuming wet quartz rheology.

Because there is no plastic lower crust, the fault tip depth increases with time until it

reaches the depth of Moho at 58th earthquake.

The situation described in the case assuming dry anorthite is not likely to exist in

the continental crust. In the stable continental regions, large earthquakes do not occur
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Figure 37: Effective viscosity in the crust after 20 kyrs of loading from upper mantle.
Wet quartz rheology (Table 4)is assumed in this calculation.

in the interior of the craton where an anhydrous crust overlaying an anhydrous up-

per mantle which provides the mechanical stability of the entire lithosphere (Mooney

et al., 2012). In the active continental regions, the focal depth of the earthquakes are

shallower than 25 km (Wright et al., 2013) which is consistent with the results of the

BDTZ depth in Chapter 3. By considering the weakening effect of the water using

water fugacity, the depth of the bottom BDTZ can be reduced by 8 km from ∼ 27 km

to ∼ 19 km according to the results in the Chapter 2. These results indicate that the

strength of the lower crust is significantly lowered by water. Therefore, the continental

crust is unlikely to be loaded by the upper mantle.

On the other hand, the thin (∼ 10 km, (Laske et al., 2013)) and cold oceanic crust

can be effectively driven by the mantle flow (Lithgow-Bertelloni and Guynn, 2004). In
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the interior of the oceanic plate, mantle flow can be one of the main sources of stress

for large intraplate strike slip earthquakes, such as the 2012 Indian Ocean earthquake

(Duputel et al., 2012).

Figure 38: Shear stress (a) τyx and (b) τyz in the crust after 440 kyrs of loading from
upper mantle. Dry Anorthite rheology (Table 2) is assumed in this calculation.

4.3 Deformation around a small intraplate strike slip
fault

The model in the current study assumes an infinitely long strike slip fault and the de-

formation in the current model is simulated in two dimensional space. For an intraplate

strike slip fault whose length is shorter than a few tens of kilometers, it is important

to note that the two dimensional anti-plane geometry which is used to approximate a

very long strike slip fault may not be appropriate for a short intraplate strike slip fault.

For a short strike slip fault who has a length to width (fault tip depth) ratio of ∼ 1, the

stress perturbation due to the fault ends has a significant influence on the stress field

around the fault (King et al., 1994). Even on a long strike slip fault, whose length is

several tens and hundreds of kilometers, the fault ends may also affect fault behavior.
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For large intraplate strike slip earthquakes, a linear relation between fault length and

the mean coseismic slip distance has been pointed out by Scholz (1982). However,

the evolution of the fault length and the role of the earthquakes in developing a strike

slip fault in three dimensional space is not well understood. In the mechanical models

assuming an elastic upper crust, occurrence of an intraplate strike slip earthquake will

result in a large stress concentration at the fault ends (e.g. Iio and Kobayashi, 2002).

The calculated shear stress at the fault ends after an earthquake is significantly larger

than the plastic strength of the crustal rock because the inelastic deformation is not

considered in the model.

In the earth’s crust, inelastic deformation in the upper crust occurs to ensure that

elastic stress does not exceed the strength of the crustal rocks. Near the fault ends,

different kind of structures, such as the normal and the reverse faults, develop as a

result of the intraplate strike slip faulting (Storti et al., 2003). By considering the

plastic deformation in the upper crust, the iterative method (Figure 17) in this study

can be used to eliminate the stress concentration near the fault ends. To understand the

behaviors of a short intraplate strike slip fault, future studies need to include the fault

ends in a three-dimensional mechanical model. Using such a model, it is possible to

understand the evolution of the geological structures in both elasto-plastic upper crust

and viscoelastic lower crust near the fault ends and the role fault related structures

play in the evolution of an intraplate strike slip fault.
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4.4 Implication for the earthquake activities

Large intraplate strike slip earthquakes are rare compared to the interplate strike slip

earthquakes. In the previous studies of intraplate earthquake activities (e.g. Matsuda,

1977), the recurrence interval of the earthquakes on these fault has been estimated

following the relation proposed by Wallace (1970):

R =
d

S−C
, (4.3)

where R is the recurrence interval, d is the displacement of an earthquake, S is the

long-term slip rate and C is the tectonic creep rate. Based on the observed geolog-

ical slip rate, the intraplate faults in Japan island has been classified into class A

(1mm/yr< v⩽ 10mm/yr), class B (0.1mm/yr< v⩽ 1mm/yr) or class C (0.01mm/yr<

v ⩽ 0.1mm/yr) (Research Group for Active Faults of Japan, 1991).

According to the relation proposed by Wallace (1970), the earthquake on the C-

class active faults, whose geological slip rate are 2 orders smaller than the A-class

active faults, should be much less frequent than the earthquake on A-class active faults.

More than 100 years of observation on the earthquake activities shows that similar

number of large earthquakes occur on the fault in different classes, which suggests

that the number of the C-class active faults should be 2 orders of magnitude more than

the number of the A-class active faults. However, the identified C-class active faults

from geological survey in Japan are much less than the expectation (Asada, 1996).

In the models of this study, the coseismic offsets of earthquakes change with time.

When the fault slip distance of an earthquake reaches its maximum at the end of stress
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accumulation stage (Figure 34), the cumulative offset is ∼ 40 meters in the case as-

suming no plastic deformation in the upper crust and it is even smaller in the cases

assuming visco-elasto-plastic materials. The smaller the off-fault plastic strength is,

the shorter the cumulative offset on the main strike slip fault. After the localized de-

formation formed in the lower crust, the coseismic offsets on the surface drops from

few meters to ∼ 1.5 m. Earthquakes with large coseismic offsets occur only in the

period after the fault tip reaches the depth of the BDTZ and before the development of

localized deformation in the lower crust. These results suggest that large earthquakes

with averaged offsets of few meters are possible on the young faults with small cu-

mulative offsets ranging from 50m to 100m. In the Japanese islands, although large

amount of faults have been well documented by geological surveys, many unexpected

strike-slip earthquakes, such as the 1927 Kita Tango earthquake and the 1943 Tottori

earthquake, occur in the region where there are no surface expressions of faulting be-

fore the earthquake (Kanamori, 1973). Because of the long recurrence interval (> 104

years) of the intraplate strike slip earthquakes, the offsets created by earthquakes can

be obscured by sedimentation during the interseismic period which makes it very dif-

ficult to identify the existence of a fault (e.g. Kaneda, 2003; Talebian et al., 2004).

In the continental crust, many developing intraplate strike slip faults have not been

identified and therefore, the seismic hazard in the regions with no evidence of active

faults may be underestimated.
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Chapter 5

Conclusions

I studied the evolution of the deformation in the continental crust across an intraplate

strike slip fault. First, I developed a thermo-mechanical model to study the evolution

of the lower crustal deformation in the geological timescale. In the lower crust under

an intraplate strike slip fault, the localized deformation is developed by the intraplate

faulting in the upper crust. Several shear strain concentration mechanisms, which in-

clude the thermal weakening, grain size reduction and power law rheology, have been

considered in the development of the localized deformation in the lower crust under

the intraplate strike slip fault. Although the thermal weakening has been considered

very important in the development of shear zone under an interplate strike slip fault

due to the Arrhenius temperature dependency of the effective viscosity of the rock.

However, in the case of the intraplate strike slip fault case, due to the small tempera-

ture increase, the effect of thermal weakening is negligible on the degree of the shear

localization in the lower crust. On the other hand, the power law rheology has a sig-

nificant impact on the deformation in the lower crust under an intraplate strike slip

fault. The degree of shear strain concentration in the cases considering the power law
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rheology is higher than the linear case. The strength of the lower crust in the shear

zone is significantly lowered by the power law creep. The grain size can be reduced to

a value less than a few hundred micrometers in the process of dynamic recrystalliza-

tion in dislocation creep regime, and the small recrystallized grains are important for

maintaining a shear zone on a geological time scale of ∼ 108 years.

The localized deformation in the lower crust developed by earthquakes can also

affect the deformation in the upper crust. In the mechanical model I developed for the

evolution of the earthquake cycle, I investigate the stress build-up process in an ini-

tially stress-free crust-mantle system in the geological timescale. Due to the tectonic

loading in the far field, the stress builds up in the crust and the upper-mantle. At the

beginning when shear stress is small (few MPa), the stressing rate in the entire model

is a constant. Due to the plastic flow, the stressing rate reduced to zero in the lower

crust and the upper mantle. The fault tip depth increase with time and development

of the localized deformation starts after the fault tip reaches the depth of the BDTZ.

As the concentrated deformation developed in the lower crust, the recurrence interval

decreases by an order of magnitude from 16 kyrs to about 1.6 kyrs due to the basal

drag from localized deformation in the lower crust. Under a strike slip fault, time to

develop a shear zone with large shear strain is much longer than the time for the defor-

mation to concentrates under the fault. Shear zone under a young intraplate strike slip

fault whose cumulative offset less than a few hundred meters may not be detectable

with geological and geophysical observations.

In the case with visco-elastic material, the shear strain in the lower crustal shear
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zone is directly related to the cumulative offsets. Compared to interplate strike slip

fault, shear zone under an slowly deforming intraplate strike slip fault needs a much

longer time to develop. In the cases with visco-elasto-plastic material, due to the plas-

tic deformation in the upper crust, the stressing rate on the fault is smaller compared to

that in the cases with visco-elastic material. Although the time to develop a localized

deformation in the cases with visco-elasto-plastic material deformation is longer than

that in the case with visco-elastic material, the relation between the cumulative offsets

and the degree of shear concentration is not changed. Under the intraplate strike slip

fault with more than few hundred meters of cumulative offset, even without any obser-

vational evidence for the lower crustal shear zone, localized deformation is likely to

occur under the fault. With a localized deformation under the fault, the elastic screw

dislocation model (Savage and Burford, 1973) can be used to explain the geodetically

observed deformation across the fault. Our model provides a physical explanation of

the validity of the screw dislocation model.

In this model, the evolution of the intraplate strike slip faulting ,the development of

the shear zone in the lower crust and the tectonic stress build-up have been successfully

reproduced. The results of the model suggest that geological fault slip rate of an

intraplate strike slip fault increase with time. This result provides another explanation

to the discrepancy between the geodetic and geological fault slip rates. This model

demonstrates the importance of considering the whole mechanical system of the crust

in which rheological properties, thermal structure, and fault activities are interactive

one another for better understanding of crustal seismogenesis.
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